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Abstract

A zonal-average model of the upper branch of the meridional overturning circulation of the southern ocean is con-
structed and used to discuss the processes – wind, buoyancy, eddy forcing and boundary conditions – that control its
strength and sense of circulation. The geometry of the thermocline ‘wedge’, set by the mapping between the vertical spacing
of buoyancy surfaces (the stratification) on the equatorial flank of the Antarctic Circumpolar Current and their outcrop at
the sea surface, is seen to play a central role by setting the interior large-scale potential vorticity distribution. It is shown
that the action of eddies mixing this potential vorticity field induces a residual flow in the meridional plane much as is
observed, with upwelling of fluid around Antarctica, northward surface flow and subduction to form intermediate water.
Along with this overturning circulation there is a concomitant air-sea buoyancy flux directed in to the ocean.
� 2006 Elsevier Ltd. All rights reserved.
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1. Introduction

Fig. 1 presents a schematic diagram of a zonal-average view of the upper and lower branches of the global
meridional overturning circulation (MOC) of the southern ocean. Southward flowing circumpolar deep water
is partitioned in to upper and lower branches. Upper circumpolar deep water is imagined to upwell to the sur-
face and return northward in a surface boundary layer. Lower circumpolar deep water circulates in a lower
branch exposed to convective/diabatic processes occurring around Antarctica and mixing in the bottom
boundary layer. The figure is highly schematized and many of the details are uncertain. Nevertheless it rep-
resents a consensus view that was first synthesized by Sverdrup et al. (1942) and reviewed by Speer et al.
(2000) and Rintoul et al. (2001).

Recently a theoretical framework has been developed to describe the zonal flow of the southern ocean and its
attendant overturning circulation. As described in Marshall and Radko (2003) – see also Olbers and Visbeck
0079-6611/$ - see front matter � 2006 Elsevier Ltd. All rights reserved.
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Fig. 1. A schematic diagram of the overturning circulation in the southern ocean. Southward flowing circumpolar deep water is
partitioned in to upper and lower branches. Upper circumpolar deep water is imagined to upwell to the surface and return northward in a
surface boundary layer. Lower circumpolar deep water circulates in a lower branch exposed to convection/mixing processes occurring
around Antarctica and in the bottom boundary layer. Mixing and diabatic processes are imagined to be confined to the regions shaded
light grey.
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(2005) – the absence of zonal boundaries in the southern ocean has enabled the meteorologist’s zonal-average
residual-mean theory to be applied to develop conceptual models that draw together in suggestive ways, the
relative roles of wind, buoyancy and eddy forcing in setting the stratification, transport and overturning circu-
lation of the southern ocean.

Our model of circumpolar flow and its overturning circulation is offered in the same spirit as that of Luyten
et al.’s (1983) – hereafter LPS – description of the thermocline ventilation ocean gyres. As in LPS, surface con-
ditions are propagated down in to the interior under assumed dynamics. The dynamical balances are very
different, however. Unlike LPS we cannot build a construction around Sverdrup balance because of the
absence of meridional boundaries in the southern ocean. Instead we are dealing with a thermocline whose
stratification is fundamentally controlled by eddy dynamics, as in the models of Marshall et al. (2002), Mar-
shall and Radko (2003) or Cessi and Fantini (2004). The theoretical framework is provided by residual-mean
theory. Rather than adopt the refinements due to McDougall and McIntosh (1996, 2001) in this zonal-average
application we use the ‘standard’ framework reviewed (Andrews and McIntyre, 1976) in (Andrews et al.
(1987)). There the residual momentum equation takes on a particularly simple and attractive form and clearly
draws out and connects the role of eddy potential vorticity fluxes in driving meridional overturning
circulation.

In this paper we make use of the residual-mean theory of the ACC and its overturning circulation devel-
oped in Marshall and Radko (2003) (hereafter MR) and apply it to study the processes at work in setting
the structure of the upper branch in Fig. 1. We extend MRs model to handle more general boundary condi-
tions which, in particular, allow us to specify conditions on the equatorward flank of the southern ocean where
– see Fig. 1 – fluid is exchanged with the rest of the world ocean. The air-sea buoyancy flux need no longer be
prescribed, as was done in MRs diagnostic model, but becomes part of the solution. We are particularly inter-
ested in the connection between the ‘pull’ associated with Ekman drift imparted by surface westerlies discussed
in Toggweiler and Samuels (1998) and the ‘push’ due to interior inflow of upper circumpolar deep water. This
role of the southern ocean and eddies therein, is the goal of the conceptual model of Gnanadesikan (1999):
dynamics interior to the ACC can have global repercussions but the ACC is also part of the global circulation
and hence influenced by it. We return to these global connections in the conclusions.

The paper is set out as follows. In Section 2 we review background observations and theory. The theoretical
framework is set out in much more detail in MR: here, however, we briefly introduce the underlying ideas so as
to present a more-or-less self contained discussion. In Section 3 we apply residual-mean theory to develop
ideas about what controls the sense of circulation and strength of the upper cell. In Section 4 we present some
detailed solutions which considerably extend those found in MR and, in particular, address aspects of the
(two-way) connection between the ACC and the rest of the ocean. In Section 5 we conclude.
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2. Background

2.1. Observations

The surface geostrophic streamfunction computed from altimetry and the large-scale buoyancy structure of
the southern ocean is shown in Fig. 2. Buoyancy surfaces are seen to extend up to the surface, outcropping
around Antarctica. The along-stream current is in thermal wind balance with this interior cross-stream buoy-
ancy gradient. The streamwise average wind-stress driving the ACC is shown in Fig. 3(top). The stress increases
moving equatorwards across the stream to reach a maximum just equatorward of the region of circumpolar
flow delineated by the thick lines snaking around Antarctica in Fig. 2(top). The buoyancy distribution at the
Fig. 2. (Top) Climatological surface geostrophic streamfunction as observed by altimetry. (Bottom) Estimate of the upper branch of the
residual overturning circulation in the southern ocean due to Karsten and Marshall (2002a). The residual streamfunction is plotted in
Sverdrups. The contour interval is 4 Sv with solid (dashed) contours indicating positive (negative) values. The arrows mark the direction of
flow. The faint lines are contours of neutral density with a contour interval of 0.2.



Fig. 3. Observed (top) wind stress (middle) surface buoyancy and (bottom) air-sea buoyancy flux (positive is in to the ocean) over the
southern ocean. All observations are streamwise-averaged along the time-mean streamlines shown in Fig. 2(top). The region of
circumpolar flow is between 51.7� S and 57� S, as indicated in Fig. 2(bottom).
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surface (again averaged along geostrophic streamlines) is shown in Fig. 3(middle) and reveals a more-or-less
linear increase in buoyancy moving equatorwards across the stream from Antarctica. The air-sea buoyancy flux
is plotted in the bottom panel: generally there is a flux into the ocean, providing the buoyancy required to allow
water parcels upwelling around Antarctica to eventually subduct in a much lighter density range, that of Ant-
arctic Intermediate Water.

The pattern of meridional overturning circulation, Wres, in the southern ocean is much less certain. A num-
ber of attempts have been made to infer it from observations – see the review of Rintoul et al. (2001) – using
box inverse methods (e.g. Sloyan and Rintoul, 2001), from air-sea fluxes (using Eq. (5) of Section 2.2 as in
Speer et al., 2000) and from observation of surface winds and satellite altimetry, making use of residual-mean
theory Karsten and Marshall (2002a). Fig. 2(bottom), from Karsten and Marshall (2002a), shows their esti-
mate of the upper branch of the MOC in the southern ocean. They find upwelling of upper circumpolar deep
water around Antarctica of some 16 Sv, equatorward flow at the surface (associated with input of buoyancy
from the atmosphere) and subduction of perhaps 20 Sv of Antarctic Intermediate Water just equatorward of
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the ACC. This is the upper branch of the southern ocean limb of the MOC. The goal of the present paper is to
understand the relationship between the outcrops at the surface, the pattern of wind and buoyancy fluxes over
the southern ocean, the interior stratification and the associated pattern of meridional overturning.

2.2. Theoretical framework

We frame our discussion in terms of a two-dimensional (streamwise-averaged) model of the southern ocean
in which the buoyancy distribution, air-sea fluxes and wind-stress forcing over the circumpolar ocean are inte-
grated along time-mean streamlines (as in Fig. 3) and so only vary in the cross-stream direction.

Following MR, we adopt a transformed Eulerian-mean formulation (Andrews et al., 1987), in which tracer
and momentum budgets are written in terms of a residual overturning streamfunction and associated velocities
Fig. 4.
compo
wres ¼ �wþ w� ð1Þ

ðvres;wresÞ ¼ � owres

oz
;
owres

oy

� �
ð2Þ
where (vres,wres) is the residual meridional and vertical flow expressed in terms of the residual streamfunction
made up of �w, the time-mean overturning streamfunction and w*, the streamfunction associated with eddies.
Our focus on the residual flow makes sense because in a highly eddying region of the ocean such as the ACC, it
is the residual flow rather than the Eulerian-mean flow that advects tracers.

The residual-mean buoyancy equation can be written
J y;zðwres; bÞ ¼
oeB
oz

ð3Þ
where J y;zðwres; bÞ ¼ ðwresÞybz � ðwresÞzby ¼ vres � rb, the residual streamfunction wres is given by Eq. (1) and eB is
the buoyancy forcing due to air-sea fluxes, small-scale mixing and diabatic eddy fluxes – see the discussion in
MR. To progress further we make some simplifying assumptions. We suppose that in the main thermocline
buoyancy forcing vanishes (due both to convection and mixing processes) – eB ¼ 0 in (3). Thus
Jðwres; bÞ ¼ 0 interior ð4Þ

implying that there is a functional relationship between wres and b: wres ¼ wresðbÞ. This functional relationship
will be set, we suppose, in the surface mixed layer where wres crosses isopycnals – see Fig. 4. Furthermore we
assume that the mixed layer is vertically homogeneous and of constant depth, hm, (as sketched in Fig. 4), set
entrainment fluxes at its base to zero (~B�hm ¼ 0) and neglect the seasonal cycle. Then, integrating Eq. (3) over
the depth of the mixed layer (hm), we obtain (see Marshall, 1997)
wresjz¼�hm

obm

oy
¼ ~B0; ð5Þ
where bm is the surface buoyancy, and eB0 is the net buoyancy supplied to the mixed layer by air-sea buoyancy
fluxes and the lateral (diabatic) eddy fluxes in the mixed layer. Eq. (5) makes it clear that information about
wres can be obtained by inspection of the surface buoyancy distribution and surface buoyancy fluxes, as
exploited by Speer et al. (2000).
The residual flow wres ¼ wþ w� is assumed to be directed along mean buoyancy surfaces, b, in the interior, but have a diapycnal
nent in the mixed layer of depth hm (denoted by the horizontal dotted line).
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The Eulerian-mean streamfunction is given by Ekman theory thus
1 Th
The pr
report
�w ¼ � s0

f
ð6Þ
where s0 is the surface wind stress and f is the Coriolis parameter, both varying in the cross-stream direction, y.
Finally, in the stratified interior, residual-mean theory relates the eddy-streamfunction to eddy buoyancy

fluxes thus
w� ¼ v0b0

bz

: ð7Þ
Noting that h0 � b0

bz
(where h is the displacement of b surface), w* has obvious connections to the ‘bolus’ trans-

port v0h0.
This, then, is a brief description of the dynamical framework that will be used to discuss the southern ocean

overturning circulation. We will now use it to derive some simple illustrative solutions.

3. Models of the overturning circulation

To develop a diagnostic model of the overturning circulation, one must express w* in Eqs. (1) and (7) in
terms of b. In other words it is necessary to specify how the eddy fluxes depend on the time-mean quantities.
Following Visbeck et al. (1997), we suppose that w* depends on the isopycnal slope thus1
w� ¼ v0b0

bz

¼ k0jsqjsq ð8Þ
where we have supposed that interior eddy fluxes are adiabatic, sq ¼ � by

bz
is the slope of the isopycnals and k0 is

a scaling constant which depends on the efficiency of eddies (see MR). Combining Eqs. (8), (1) and (6), we find
that the residual streamfunction can now be expressed thus
wresðbÞ ¼ �
s0

f
þ k0jsqjsq ð9Þ
or, making sq the subject of the equation
sq ¼ �

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
� s0

fk0

� wresðbÞ
k0

� �s
ð10Þ
This simple relation tells us that if we know wres (from, say, Eq. (5)) and s0(y), we can construct the interior
stratification b(y,z) because wres = wres(b) at the surface.

Eqs. (5) and (10) are the key relationship of MRs model. We now go on to discuss how we can use them to
relate together the wind field, the air-sea buoyancy flux, the residual flow and the stratification (and hence the
thermal wind zonal current) of the southern ocean. Before presenting explicit solutions we consider some
instructive reference cases.

3.1. The limit of vanishing residual overturning

It is very instructive to consider the limit of vanishing MOC: wres! 0 in Eq. (9), so that s0 = fw* – eddy
form drag balances wind stress, as first discussed by Johnson and Bryden (1989). In this case

sq ¼ dz
dy ¼ �

ffiffiffiffiffiffiffiffiffi
� s0

fk0

q
in Eq. (10) and the isopycnal slope only depends on s0

f .

Suppose for a moment that s0 and f are constant, so that s0

f is constant everywhere, and hence sq is every-
where constant. Then, as shown in Fig. 5, the isopycnals are straight lines with a constant slope. If s0

f varies in y
e important point here is that we assume W* = W*(sq) and choose a function that ensures that W* is in the sense to flatten isopycnals.
ecise form chosen in Eq. (8) is motivated by the arguments given in Visbeck et al. (1997) and by recent laboratory experiments

ed in Cenedese et al. (2004).



Fig. 5. Depth of isopycnals for a uniform PV solution on the ‘f’ plane in which the surface wind stress is assumed constant. wres is zero, as
is the air-sea buoyancy flux, in contrast to Fig. 7.
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the isopycnal slope varies in y but not in z: thus the isopycnal surfaces remain parallel to one another but they
are no longer straight lines
2 Co
z ¼ sq�hm
ðyÞy ð11Þffiffiffiffiffiffiffiffiffiffir
where sq�hm
ðyÞ ¼ � 1

k0

s0

f

��� ��� is the slope of the isopycnals at the base of the mixed layer set by the balance be-

tween the wind-stress overturning isopycnals and eddies trying to flatten them out (as realized in the labora-
tory experiments of Marshall et al. (2002) and Cenedese et al. (2004)). Such solutions are shown in Figs. 5 and
6 of MR. However, it is clear that these f-plane constant PV solutions2 will always fail to capture a notable
aspect of the observed meridional structure of the thermocline: they map down an essentially linear meridional
buoyancy distribution at the surface (see Fig. 3 middle) to another linear vertical buoyancy distribution on the
equatorial flank of the ACC. Observations of the stratification of the southern ocean, however, show that N2 is
not uniform with depth but much, much stronger near the surface. For example, Karsten and Marshall
(2002b), in an observational study of the equivalent barotropic structure of the ACC, show that the observed
vertical buoyancy distribution in the southern ocean is well represented by exponentials that decay with depth.
One such buoyancy profile, on the equatorward flank of the ACC, is shown in Fig. 6, together with its ‘best fit’
exponential profile. The exponential fit is excellent. The lower panel of Fig. 6 shows that the e-folding decay
scale of the buoyancy field increases on moving equatorwards across the stream, reflecting the deepening of the
thermocline as evident in Fig. 2(bottom).

3.2. Non-zero residual overturning solutions

The constant PV solutions just described map the prescribed surface buoyancy field, bm(y), down in to
the interior following Eq. (11). They all have Wres = 0 and B0 = 0. But what happens if the observed vertical
stratification on the equatorial flank, bN(z), does not ‘fit’ with that mapped down from the surface? For
bm(y) to map down on to a more general form of bN(z), the interior PV distribution cannot be constant
on b surfaces and, as we shall see, wres will no longer be zero. This non-zero wres will also imply a non-zero
air-sea buoyancy flux. Moreover we will be able to adjust wres to bring the bm(y) and bN(z) in to consistency
with one another.
nstant PV solutions of the b-plane are discussed in the Appendix.



Fig. 6. A decaying exponential fitted to the observed vertical buoyancy distribution on the equatorward flank of the ACC.
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It is instructive to again consider the case of constant s0

f . If wres is constant along b surfaces in the interior, as
assumed here, then the b surfaces are again straight lines! In the schematic diagram, Fig. 7, ‘straight lines’ are
used to join a linear surface distribution on to a vertical profile on the equatorial flank in which the stratifi-
cation is surface intensified. The deeper of the shaded layers, perforce, thins on moving toward the pole: the
Fig. 7. A linear surface buoyancy distribution is mapped on to an exponential vertical distribution on the equatorial flank of the domain
using straight lines, appropriate if s

f is constant in Eq. (10). The sign of the meridional isentropic potential vorticity gradient thus changes
sign, as revealed by the shaded regions. The straight arrows indicate the sense of the residual circulation; the wiggly arrow the sense of the
air-sea buoyancy flux.
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upper shaded layer thickens on moving toward the pole. In other words there are interior potential vorticity
gradients directed in opposite direction. Moreover, eddies acting on these interior PV gradients must drive
non-zero residual flow. In the particular context of the eddy closure used here, differentiating Eq. (9) with
respect to z and using Eq. (2), the meridional residual flow is
vres ¼ �2k0jsqj
osq

oz
ð12Þ
Inspecting Fig. 7 we see that in the lower part of the column osq

oz > 0 (remembering that sq < 0) and hence
vres < 0: in the upper part of the column osq

oz < 0 and hence vres > 0. We thus must obtain a residual circulation
as indicated by the arrows in Fig. 7 – i.e. in the sense suggested by observations.

If one believes that eddies flux PV down the large-scale gradient (Rhines and Young, 1982), wres is an inev-
itable and rather general consequence of eddies acting on the geometry of the isopycnal surfaces – the residual
momentum equation in isentropic coordinates is (in the absence of applied stresses, appropriate to the interior
of the water column)
�fvres ¼ v0Q0
where vres is the residual flow on an isentropic surface and v0Q0 is the meridional isentropic eddy PV flux.
Thus if v0Q0 ¼ �K � IPV, where IPV is the isentropic potential vorticity gradient and K is an eddy transfer
coefficient, then vres ¼ K�IPV

f – i.e. isentropic PV gradients imply meridional residual flow, as sketched in
Fig. 7.

We thus see that the sense of the residual flow is controlled by interior PV gradients and hence the mapping
between bm(y) M bN(z). Moreover, because wres 6¼ 0 in the presence of IPV gradients, by Eq. (5), there must be
an implied air-sea buoyancy flux which we can also diagnose and compare with observations.
4. Explicit solutions

We now present explicit solutions in which the mapping bm(y) M bN(z) is used to infer wres and the air-sea
buoyancy flux, given a surface wind pattern, s0(y). In the first solution we prescribe the surface buoyancy dis-
tribution. In the second we compute it as part of the solution.

4.1. Prescribing the surface buoyancy distribution

Based on an analysis of observations, such as those shown in Fig. 3, which involves interpolating fields on
to a coordinate system aligned with the ACC, we set
bmðyÞ ¼ ðy=LyÞDb; Db ¼ 0:015 m s�2

s0ðyÞ ¼ s00 0:6þ sin p y
Ly

� �h i
; s00 ¼ 0:00015 m2 s�2

8<: ð13Þ
These are slightly modified relative to those used in MR to better match the observations. The Coriolis param-
eter is f(y) = f0 + by, where f0 = �10�4 s�1,b = 10�11 s�1 m�1, Ly = 2000 km, and k0 = 106 m2 s�1.

Solutions can be found using the method of characteristics – as described in MR – but modified to ensure
that the buoyancy mapped down from the surface matches the vertical distribution of the buoyancy on the
equatorward flank of the ACC, bN(z). As suggested by the observational study of Karsten and Marshall
(2002b), the stratification on the equatorward flank of the ACC is represented by an exponential with an
e-folding depth of he = 1000 m, given by
bjy¼Ly
¼ bNðzÞ ¼ b1 expðz=heÞ þ b2 ð14Þ
The constants b1 and b2 are determined by requiring that bN(z = �hm) = Db and bN(z = �h) = 0, where h is the
depth of the model thermocline at y = yL.

An algebraic transformation shows that the isopycnals in Eq. (10) can be represented by the characteristics
of a partial differential equation, with characteristic velocities vc and wc given by



Fig. 8.
at the
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dy
dl ¼ vc ¼ 1;

dz
dl ¼ wc ¼ sq ¼ �

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
� s0

fk0
� wres

k0

q
:

8<: ð15Þ
Moreover, by Eq. (4), wres and b do not change at a point moving along the characteristics.
Integration of Eq. (15) requires knowledge of both buoyancy and the residual streamfunction at the bottom

of the mixed layer (z = �hm). This suggests the following iterative procedure. First we make an initial guess for
wres(y) (in the following calculation we start with wres = 0), compute the characteristics given by (15), and then
compare the resulting vertical buoyancy distribution at y = Ly with our target buoyancy distribution Eq. (14).
Then, noting that an increase (decrease) in wres tends to flatten (steepen) the isotherms, we reduce the error in
bN(z) by adjusting our initial guess for wres(z = �hm). Integration along characteristics, followed by adjust-
ment of wres, is then repeated consecutively until the model converges, within the round-off error, to a
sought-after solution.

Fig. 8 shows the resulting distribution of buoyancy and residual circulation. Note how bN(z) has an expo-
nential form, as required. We see that an overturning circulation of some 18 Sv is found, and in the sense
expected from consideration of Fig. 7. The meridional thickening and thinning of isopycnal surfaces in this
solution is just as intuited in Fig. 7.

4.2. Solving for the surface buoyancy distribution

Rather than prescribing bm(y) at the surface, a more physically realistic model is to solve for it whilst pre-
scribing buoyancy at the Northern flank bN(z). We assume bm is set by the interaction with the atmosphere
given by Eq. (5), but with the buoyancy flux parameterized thus
~B0 ¼ �kðbm � b�Þ; b� ¼ ðy=LyÞDb; Db ¼ 0:015 m s�2: ð16Þ

In the following calculation we use k = 3 · 10�6 s�1, which, if hm � 100 m, corresponds to a relaxation time-
scale of several months: the resulting solutions show very little sensitivity to the specific value of k. The problem
The buoyancy b and residual circulation Wres (in Sv) for a model with a prescribed buoyancy distribution at the surface (linear) and
Northern flank (exponential).



Fig. 9. Buoyancy (top) and wres (bottom), as in Fig. 8, but for case when the surface buoyancy is relaxed to a linear b*, as in Eq. (16),
rather than prescribed.

Fig. 10. Surface buoyancy and the surface buoyancy flux for the solution shown in Fig. 9. These fields are not prescribed but obtained as
part of the solution. They capture the broad features seen in the observations shown in Fig. 3.
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is again solved iteratively; on each iteration the surface buoyancy is readjusted to reduce the error in the com-
puted vertical buoyancy distribution on the Northern flank of the ACC.

The resulting distribution of buoyancy and residual circulation is shown in Fig. 9 and is very similar to the
foregoing solutions. The implied air-sea buoyancy flux and the surface buoyancy is shown in Fig. 10. There is
an air-sea buoyancy flux directed in to the ocean along the ACC with a maximum amplitude of
5 · 10�9 m2 s�3, broadly in accord with Fig. 3(bottom).

Finally, to make a further contact point with observations, Fig. 11, plots wEk, wres and w* from the solution
shown in Fig. 9, along with estimates of the same quantities deduced from observations of surface winds
and surface buoyancy fluxes, averaged along observed time-mean geostrophic contours over the southern
ocean – details of the observational estimates are given in Marshall et al. (in press). This figure acts as a useful
summary of the dynamical balances at work in the southern ocean. The action of the surface westerly wind
driving fluid away from Antarctica in the surface Ekman layer, is in large part compensated by eddy-induced
Fig. 11. (a) Estimates of wEk, wres, wres � wEk and w* deduced from observations of winds and air-sea buoyancy fluxes in the southern
ocean. All quantities are averaged around the globe along time-mean streamlines given by altimetry. Estimates of w* lie in the grey shaded
area and depend, as described in Marshall et al. (in press), on the value assumed for the surface eddy diffusivity. The mean position of the
axis of the Antarctic Circumpolar Current is at 53� S. (b) Plots of wEk, wres and w* from the solution plotted in Fig. 8.
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circulation acting in the opposite direction, leading to a considerably weaker residual flow with upwelling on
the poleward flank of the current and downwelling equatorward of the axis of the ACC.

4.2.1. Sensitivity of solutions to parameter choices
Perhaps the most uncertain parameter in our simple model is k0 in Eq. (15), which controls the magnitude

of the eddy transfer coefficient, as defined in Eq. (8). Thus in Fig. 12a we plot the maximum value of wresmax
, a

measure of the vigor of the overturning circulation, against k0, and the associated K. A value of
k0 = 106 m2 s�1 was used in the reference solution, yielding a Kmax of �103 m2 s�1. As k0 is increased,
wresmax

decreases and K increases. Values of Kmax that exceed 2! 3 · 103 m2 s�1 are probably not tenable –
see recent estimates of eddy diffusivity inferred by tracer dispersion in the ACC by Marshall et al. (in press)
– suggesting that wresmax

is likely to have a strength of 10! 15 Sv. Fig. 12b plots the sensitivity of wresmax
to the

e-folding depth, he, of the prescribed stratification on the northern branch of the ACC, keeping k0 fixed at
106 m2 s�1. We see that as he increases, wresmax

decreases. Observations in Karsten and Marshall (2002b), sug-
gests that he = 1000 m on the equatorward flank of the ACC – see Fig. 6(bottom). A 20% change (due to, say,
a persistent change in the wind stress in the subtropics of the southern ocean) changes the overturning by an
amount ±3 Sv.
Fig. 12. Sensitivity of wresmax
(in Sv) to (a) k0 and K – note different scales (b) he.



344 J. Marshall, T. Radko / Progress in Oceanography 70 (2006) 331–345
5. Discussion and conclusions

We have described a simple model of the upper branch of the MOC of the southern ocean in which eddies
play a central role in shaping the magnitude and sense of the overturning circulation. We have argued that the
action of eddies mixing the large-scale PV gradients set by the geometry of the thermocline ‘wedge’, charac-
teristic of southern-ocean hydrography (see Fig. 2, bottom), inevitably leads to an upper cell as schematized in
Fig. 7 and, moreover, demands an air-sea buoyancy flux directed in to the ocean.

The mixed-layer residual buoyancy balance – Eq. (5) – is usually interpreted as a diagnostic relation: given
B0 (and bm), one can infer wres at the surface of the ocean. Eq. (5) does indeed have great diagnostic value, as
shown, for example, by Speer et al.’s (2000) inference of the diabatic Deacon Cell from air-sea fluxes. This is
also the spirit of the analytical model of Marshall and Radko (2003) in which a surface buoyancy distribu-
tion is mapped down from the surface for a given pattern of wind and air-sea buoyancy flux. In contrast, the
present study emphasizes the connection of the southern ocean to the global circulation: poleward-flowing
circumpolar deep water on its equatorward flank and the export of Antarctic Intermediate water near the
surface. To the extent that this upper branch of the overturning circulation is driven by the action of eddies
on interior IPV gradients, the sense of the air-sea buoyancy flux could be considered to be a consequence of
internal ocean dynamics, rather than being imposed on it from the meteorology above. Could the band of
air-sea buoyancy flux directed in to the ocean along the axis of the ACC, so evident in observations (see, e.g.
Fig. 3 bottom), be a consequence of underlying ocean dynamics? This is perhaps best discussed in the con-
text of simple coupled models, an investigation of which is underway.

Finally, the simple model presented here suggests that if bN(z) – the stratification on the equatorial flank of
the ACC – is sensitive to the pattern of Ekman pumping on the equatorial flank, as might be expected if LPS
dynamics pertains in the gyre regime, then the wind field outside the region of circumpolar flow could play an
important role in modulating the strength of the meridional overturning circulation within the circumpolar
region. This may have myriad implications for understanding how the overturning circulation of the southern
ocean might have been different in other climates and how variability in the southern ocean’s MOC might be
driven.
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Appendix

The discussion in Section 3.1 centered around constant potential vorticity solutions on the f-plane.
But what happens is we suppose that on the b-plane eddies mix potential vorticity rather than
thickness? If PV is uniform then
dsq

dz
¼ b

f

where b ¼ df
dy. Integrating in z and applying boundary conditions at the base of the mixed layer we find
sq ¼
dz
dy
¼ sq�hm

ðyÞ þ b
f

z:
instead of Eq. (11). Noting that isopycnals have zero depth at y = 0, the above has solution
z ¼ f
b

sq�hm
ðyÞ e

bL
f

y
L � 1

� �
ð17Þ
Fig. 13 plots f
b e

bL
f

y
L � 1

� �
for three values of bL

f . Typically bL
f � 0:2 in the southern ocean and so we conclude

that in the limit bL
f � 1, the constant PV solution on the b-plane is very similar to the constant PV solution

on the f-plane: Eq. (17) essentially reduces to Eq. (5).



Fig. 13. Plot of f
b e

bL
f

y
L � 1

� �
for bL

f ¼ 0:02 (thin), bL
f ¼ 0:2 (thick), and bL

f ¼ 0:5 (dotted).
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