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1. Introduction 22 

Large volcanic eruptions are a natural, impulse-like perturbation to the climate system. The 23 

sulfur particles ejected into the stratosphere during those events are rapidly converted to sulfate 24 

aerosols that diminish the net incoming solar flux at the top of the atmosphere resulting in a 25 

cooling of the surface climate. These sulfate aerosols have an e-folding residence time of about 26 

1-2 years in the stratosphere (Robock, 2000) but can cause surface cooling for many more years 27 

after the eruption. 28 

The response of the climate to volcanos is of interest for at least two reasons. First, it can teach 29 

us about how robust is the climate to a perturbation and the rate at which it relaxes back to 30 

equilibrium. Second, because of its large effective heat capacity, the ocean can perhaps 31 

remember the effect of successive volcanos, enabling an accumulation larger than any single 32 

event. Some of the issues are illustrated in Fig.1, which shows the hypothetical response of the 33 

climate to a volcano in two limit cases. In the first, the atmosphere is imagined to be coupled to a 34 

slab ocean. The relaxation of the system here depends simply on the climatic feedback parameter 35 

λ [Wm-2K-1].  The larger the value of λ, the smaller the equilibrium climate sensitivity and the 36 

faster the system relaxes back to equilibrium. In the second, the slab lies atop an interior ocean 37 

that can sequester heat away from the surface at rate q [Wm-2K-1], enhancing damping of SST in 38 

the initial stages. However, on longer timescales the sequestered heat anomaly is shielded from 39 

damping to space leading to a prolongation of the signal. Thus, interaction with the interior 40 

ocean changes the response from that of a simple exponential decay on one timescale to a two-41 

timescale process, as evidenced by the ‘dog-leg’ profile evident in Fig.1 which becomes more 42 

prominent as the ratio μ = q/ λ increases. 43 
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A number of studies have explored the role of the deep ocean in the climatic response to external 44 

forcings (e.g. Hansen et al. 1985; Gregory 2000; Held et al. 2010; Geoffroy et al. 2013). 45 

Volcanic responses have been explored in simple box models (e.g. Lindzen and Giannitsis 1998) 46 

as well as in state-of-the-art global climate models (Stenchikov et al. 2009; Merlis et al. 2014). 47 

Here, we explore the role of the ocean in sequestering thermal anomalies to depth, temporarily 48 

shielding them from damping processes thereby extending the response timescale. As we shall 49 

see, this mechanism can promote accumulation of the cooling signal from successive eruptions 50 

and cause the response to span multi-decadal timescales. 51 

This study employs a hierarchy of idealized models - ranging from a 2-box model, a 1-D 52 

diffusion model and a coupled Global Circulation Model (GCM). Section 2 displays results from 53 

idealized volcanic eruptions in a GCM; in Section 3, we interpret those results using a simple 2-54 

box model of the ocean and investigate climate sensitivity; in Section 4, we study the climate 55 

response to the volcanic forcing of the last millennium and in Section 5 we conclude.  56 

2. Experiments with an idealized coupled aquaplanet model 57 

2.1 Experiment description 58 

We use a coupled atmosphere-ocean model based on the MITgcm aquaplanet model (see 59 

Appendix A). Idealized volcanic eruptions are simulated by reducing the net surface shortwave 60 

radiative flux by a uniform amount over the globe (except in polar night regions). The forcing is 61 

applied as a 1-year square pulse in time starting January 1st. Both single and multiple pulses 62 

(separated by a specified interval) are considered. Numerical experiments are run using both a 63 

‘slab ocean’ and a ‘full ocean’ configuration of the MITgcm.  64 
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2.2 Idealized volcanic responses 65 

Fig. 2 shows the SST response of the MITgcm to a forcing of -4 Wm-2 for 1 year, which crudely 66 

emulates the radiative effect of the 1991 Mount Pinatubo eruption. A theoretical 10 × Pinatubo 67 

eruption was also simulated using a forcing of -40 Wm-2 for a year. Ensemble members (5 for the 68 

Pinatubo forcing and 1 the for 10 × Pinatubo forcing) were initialized from a long control 69 

integration of the model separated by 10-year intervals. Anomalies were calculated by 70 

subtracting the response of the forced run from the control run. Fig. 2 (a) shows all model 71 

responses normalized with respect to their peak cooling value. The slab ocean curves decay over 72 

a single e-folding timescale of about 4 years, whereas the full ocean curve displays an initial fast 73 

relaxation rate and a long-lasting tail (5-10% of the signal present after 20 years). The shape of 74 

these response functions are interpreted using a 2-box model of the climate in Section 3. 75 

Fig. 2 (b) shows that in the Pinatubo-like simulations, the SST anomaly reaches a minimum 76 

value of -0.62 °C for the slab and -0.41 °C for the full ocean. This difference accounts for some 77 

of the cooling being sequestered into the deeper ocean during the first year. Soden et al. (2000) 78 

report an observed globally-averaged tropospheric temperature anomaly of -0.5°C the year after 79 

the Pinatubo eruption, broadly in accord with our calculations. The shading in Fig. 2 (b) is the 80 

envelope corresponding to the response of the various ensemble members, whereas the dotted 81 

lines are the ensemble means. In the first year, while the forcing is active, the behavior of each 82 

ensemble member shows very little variability, but the simulations diverge from each other after 83 

the forcing is turned off. The standard deviation in the SST anomaly eventually settles to 0.11°C 84 

for the full ocean and 0.06°C for the slab ocean, characteristic of the noise levels in those 85 

configurations. Fig. 2 (c) shows that for a 10 × Pinatubo forcing, the slab ocean displays a 86 

maximum cooling of -6.1°C versus only -3.7°C for the full ocean. This peak cooling scales 87 
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linearly with the forcing amplitude in the slab ocean case, but is 10% smaller than linear scaling 88 

when the ocean is active. This non-linearity can be explained by the fact that the larger forcing 89 

causes the mixed layer depth to increase, which allows the cooling to penetrate deeper into the 90 

ocean. Moreover, the effect of the deeper ocean in prolonging the signal can be seen clearly by 91 

comparing the slab configuration, whose temperature anomaly reaches noise levels after 15 years 92 

and the full ocean case, whose anomaly persists at -0.2°C for 20 years at least.  93 

Fig. 3 shows the evolution of the ocean temperature anomaly as a function of latitude and depth 94 

for the Pinatubo and 10×Pinatubo forcings (full ocean configuration). Within 2 years of the 95 

eruption, a significant amount of cooling is transported below the mixed layer. Temperature 96 

anomalies on the order of 10% of the peak surface cooling exist at 300m depth and persist for 97 

more than 10 years after the cooling pulse. A combination of processes may be acting to spread 98 

the anomaly vertically, such as turbulent diffusion, Ekman pumping, seasonal convection, 99 

mixing in the wind-driven gyres and large scale overturning circulation (e.g. Gregory 2000; 100 

Stouffer et al. 2004; Stenchikov et al. 2009). Fig. 3 shows signatures of Ekman pumping below 101 

the subtropical gyres, particularly visible for the 10×Pinatubo forcing. At the poles, the 102 

penetration of the anomaly at depth happens over a longer timescale than at the mid-latitudes. 103 

Several studies (e.g. Stenchikov et al. 2009; Otterå et al. 2010 and Mignot et al. 2011) discuss a 104 

strengthening of the meridional overturning circulation in response to volcanic eruptions, which 105 

could also contribute to the vertical exchange. For the 10×Pinatubo eruption, the globally-106 

averaged mixed layer depth increases by about 50% (63m) in the year of the eruption and relaxes 107 

back to its base value (43m) within 3 years. This increase is principally due to reduced density 108 

stratification the tropics and could explain the slight non-linearity in the 10×Pinatubo response 109 

noted in Fig. 2.   110 
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Fig. 4 shows simulations of a series of Pinatubo-like eruptions occurring every 10 years in the 111 

slab and full ocean configurations. The full ocean displays 20% accumulation in 100 years 112 

against none for the slab, which suggests that the presence of a deeper ocean can facilitate the 113 

build-up of a cooling signal from successive eruptions. In Section 3, we discuss the conditions 114 

that can lead to signal accumulation using a 2-box model as a guide.  115 

3. Interpretation using a 2-box model 116 

3.1 The two timescale response  117 

The globally-averaged SST responses of the MITgcm aquaplanet to an idealized volcanic forcing 118 

can be interpreted using simple analytical models of the climate. We find that the shapes of the 119 

temperature response functions can be recovered from both a 1-D diffusion model and a 2-box 120 

model of the ocean. For the sake of brevity and ease of interpretation we focus here on the 2-box 121 

model results. Calculations pertaining to the 1-D diffusion model are included in Appendix B. 122 

The 2-box model shown in Fig. 5 was introduced by Gregory (2000) and has subsequently been 123 

employed by Held et al. (2010), Kostov et al. (2013) and others. It consists of a mixed layer and 124 

a deeper ocean box of temperature T1 and T2 respectively, driven from the top by an external 125 

forcing F and damped by the climate feedback λT1. It can be written as follows: 126 

 𝜌𝑐𝑤ℎ1
𝑑𝑇1

𝑑𝑡
= −𝜆𝑇1 + 𝑞(𝑇2 − 𝑇1) + 𝐹(𝑡)  (1) 

and 𝜌𝑐𝑤ℎ2
𝑑𝑇2

𝑑𝑡
= 𝑞(𝑇1 − 𝑇2), (2) 

where h1 and h2 are the heights of the mixed layer and deeper ocean boxes respectively. The 127 

water density and calorific heat capacity are ρ and cw respectively. The parameter q represents 128 

vertical ocean heat exchanges. It is positive for an active deeper ocean and zero for a slab ocean. 129 

We represent an idealized volcanic eruption by imposing a delta function forcing 𝐹(𝑡) = 𝑉𝛿(𝑡) 130 
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in Eq. (1), where V is the integrated amount of energy instantaneously extracted from the system. 131 

This impulse (or Green’s function) response provides information on the first order climate 132 

response to a volcanic eruption and lends itself to convolution with a more realistic time series of 133 

forcing (see Section 4). The analytical solution to Eq. (1) and (2) is presented in the 134 

Supplementary Information (SI). The response of T1 is given by: 135 

𝑇1(𝑡) = 𝑇𝑓𝑒−𝑡/𝜏𝑓 + 𝑇𝑠𝑒−𝑡/𝜏𝑠  (3a)               and 𝑇𝑓 + 𝑇𝑠 =  𝑇𝑐 , (3b) 

where 𝑇𝑐, 𝑇𝑓, 𝑇𝑠, 𝜏𝑓 and 𝜏𝑠 are written out in the SI. Eq. (3) describes the relaxation of T1 back to 136 

equilibrium after the forcing F has ceased to act. The relaxation occurs over a fast and a slow 137 

timescale with e-folding values 𝜏𝑓  and 𝜏𝑠  respectively. In the case of a delta function forcing, the 138 

peak cooling 𝑇𝑐 occurs instantaneously at t = 0 and is given by:  139 

 𝑇𝑐 =
𝑉

𝜌𝑐𝑤ℎ1
 , (4) 

where V is the integrated amount of energy extracted from the system by the forcing:  140 

 𝑉 =  ∫ 𝐹(𝑡)𝑑𝑡
∞

0
 . (5) 

Eq. (4) suggests that the peak cooling 𝑇𝑐 does not depend on the climatic feedback λ and oceanic 141 

damping q, but this is only valid for an idealized instantaneous forcing, as will be seen in Section 142 

3.3.  143 

We also introduce the parameters μ and r: 144 

𝜇 =
𝑞

𝜆
   (6a)                              and 𝑟 =

ℎ1

ℎ2
 . (6b) 
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The parameter μ represents the ratio of the ocean damping strength versus climatic damping, and 145 

r is the ratio of heat capacities between the two boxes. In the SI, we show that in the limit of 146 

small r, the parameters 𝑇𝑓, 𝑇𝑠, 𝜏𝑓 and 𝜏𝑠 are given by:  147 

𝜏𝑓 ≈
𝜌𝑐𝑤ℎ1

𝜆(1 + 𝜇)
 ,   (7a) 𝜏𝑠 ≈ 𝜌𝑐𝑤ℎ1

(1 + 𝜇)

𝑞𝑟
 , (7b) 

𝑇𝑓 ≈
(1 + 𝜇)2

(1 + 𝜇)2 + 𝑟𝜇2
𝑇𝑐 (8a)                 and 𝑇𝑠 ≈

𝑟𝜇2

(1 + 𝜇)2 + 𝑟𝜇2
𝑇𝑐 . (8b) 

When 𝜇 ≪ 1, the transfer of heat to the deeper ocean is limited and the atmosphere is the only 148 

significant medium responsible for the damping of the anomaly. We refer to the limiting case of 149 

no ocean mixing (μ and q = 0) as the 1-box model, where the solution reduces to a single 150 

exponential decay, set by damping to the atmosphere:  151 

𝑇1(𝑡) = 𝑇𝑐 𝑒−𝑡/𝜏𝑚  , (9a) with 𝜏𝑚 =
𝜌𝑐𝑤ℎ1

𝜆
 . (9b) 

When 𝜇 ≫ 1, i.e. when ocean heat transport is large relative to climatic damping, we obtain: 152 

𝜏𝑓 ≈
𝜌𝑐𝑤ℎ1

𝑞
 ,  (10a)                  𝜏𝑠 ≈

𝜌𝑐𝑤ℎ2

𝜆
 , (10b) 

𝑇𝑓 ≈
𝑇𝑐

1 + 𝑟
  (11a)                  and 𝑇𝑠 ≈

𝑟

1+𝑟
𝑇𝑐. (11b) 

In this limit it is interesting (and curious) to note that the fast timescale is controlled by oceanic 153 

damping q, whereas the slow timescale is controlled by the climatic feedback λ. The two 154 

timescales lead to the ‘dog-leg’ profile evident in Fig. 1 which becomes more prominent as the 155 

ratio μ increases. Physically, we can understand this as a rapid initial stage during which the 156 

temperature anomaly is sequestered in the deeper ocean, followed by a slower stage over which 157 
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the anomaly is damped by climatic feedbacks. In this limit, the coefficients 𝑇𝑓 and 𝑇𝑠 only 158 

depend on 𝑇𝑐 and 𝑟. 159 

3.2 Parameter fitting 160 

Fig. 6 (a) shows the 1-box and 2-box model fits to the MITgcm slab and full ocean responses 161 

respectively. The value of h1 is set to 43m, the globally and annually averaged mixed layer depth 162 

diagnosed from a long control simulation. To estimate λ, we use the equilibrium response of the 163 

slab ocean configuration to a constant and spatially uniform forcing Fs. Setting F(t) = Fs in Eq. 164 

(1) produces a response that asymptotes to the equilibrium climate sensitivity (ECS): 165 

 𝐸𝐶𝑆 =
𝐹𝑠

𝜆
 .  (12) 

Setting Fs  = -4 Wm-2 produces an asymptotic response of  -2.67 °C, giving λ = 1.5 Wm-2K-1. We 166 

then use least-square minimization with respect to the full ocean Pinatubo response in Fig. 2 (b).  167 

to obtain q = 3.5 Wm-2K-1 and h2 = 150m with a fitting accuracy of r2 = 0.87. The fit to the slab 168 

ocean configuration is obtained simply by setting q = 0 and gives a fitting accuracy of r2 = 0.97. 169 

The e-folding relaxation time of the slab ocean curve is 𝜏𝑚 = 4 years, whereas the fast and slow 170 

timescales corresponding to the full ocean simulations are 𝜏𝑓 = 1 year and 𝜏𝑠 =  22 years 171 

respectively. Parameter values are summarized in Table 1. 172 

Fig. 6 (b) shows the time evolution of T1 and T2, along with the response of the MITgcm 173 

globally-averaged SST and temperature at 120m depth. Immediately after the eruption, the large 174 

temperature difference between the mixed layer and the deeper ocean leads to large vertical heat 175 

exchange, with surface cooling being sequestered into the thermocline. In this first phase of 176 

relaxation, while T2 decreases, ocean heat exchanges assist climatic feedbacks in damping the 177 

response of the mixed layer. The fast (1-year) timescale 𝜏𝑓 given by Eq. (5a) provides an 178 
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estimate of the initial decay timescale of the response, which is thus set by λ + q. Since μ = 2.3, 179 

we conclude that ocean damping is very important in the first few relaxation years. 180 

Subsequently, when T1 and T2 are nearly equal, the system behaves like a single box with a 181 

combined thickness h1 + h2 that relaxes over a longer (20-year) timescale. In effect, the heat 182 

sequestration by ocean damping temporarily shields the cooling from the damping mechanisms 183 

at the surface and thus promote the lingering of the cooling signal. These results are consistent 184 

with the work of Wigley et al. (2005), who reported a sharp (2-3 years) decay timescale after the 185 

eruption followed by a long ‘tail’ in the signal.  186 

3.3 Climate sensitivity and the relative importance of atmospheric and oceanic damping 187 

A number of studies (e.g. Lindzen & Giannitsis, 1998; Wigley et al. 2005; Yokohata et al. 2005; 188 

Hegerl et al. 2006; Bender et al. 2010; Merlis et al. 2014) have attempted to relate the surface 189 

temperature response from volcanic eruptions to some measure of the climate sensitivity. 190 

Lindzen and Giannitsis (1998) simulated volcanic eruptions using a 1-D box diffusion model 191 

with a range of ECS values (as defined in Eq. (11)) to argue that high ECS values are not 192 

realistic, because they produces much longer prolongation than seen in observations. However, 193 

Wigley et al. (2005) have argued that the amount of signal prolongation simulated by Lindzen 194 

and Giannitsis (1998) is likely an overestimate and find that an ECS as high as 4.5°C per 195 

doubling of CO2 (Fs = 3.7 Wm-2) cannot be discarded. Yokohata et al. (2005) rule out very high 196 

sensitivities (6.3°C) but find in their model that an ECS of 4.0°C produces results consistent with 197 

observations.    198 

We start our investigation of the climate sensitivity by simulating idealized Pinatubo eruptions in 199 

the 2-box model for increasing λ values (decreasing ECS, see Fig. 7). All other parameters are 200 

kept constant and set to those in Table 1. As expected, the response magnitude reduces at all 201 
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times for larger λ. For the same values of mixed layer depth and ECS, we obtain significantly 202 

shorter prolongation timescales than those recorded by Lindzen and Giannitsis (1998) both in the 203 

2-box model and in the 1-D diffusion model (Appendix B). Instead, our results are more 204 

consistent with the typical decay timescales found by Santer et al. (2001) and Wigley et al. 205 

(2005). 206 

Three different methods have been use to quantify climate sensitivity from the response to a 207 

volcano, by linking: (i) the peak cooling to the ECS (ii) the integrated response to the ECS and 208 

(iii) the integrated response to the transient climate sensitivity (TCS). In what follows, we review 209 

these methods and evaluate them based on the results we obtained from the curve fitting 210 

procedure detailed in Section 3.2.  211 

(i) Peak cooling and ECS 212 

Fig. 7 shows that the peak cooling after volcanic eruptions tends to decrease with increasing 213 

values of λ. Past studies (e.g. Wigley et al. 2005; Bender et al. 2010) have attempted to link this 214 

peak cooling to λ (or the ECS), but did not find a strong correlation between the two quantities. 215 

Generally, the effect of noise is invoked to explain this lack of correlation. The 2-box model can 216 

be used to explore this idea further. We invoke Eq. (1) to obtain an approximate expression for 217 

the peak cooling Tc after a pulse forcing that lasts a small but finite time ∆𝑡 (see SI):  218 

 𝑇𝑐 ≈
𝑉

𝜌𝑐𝑤ℎ1 +
𝜆∆𝑡(1 + 𝜇)

2  
 .  (13) 

It is easy to show that Eq. (13) simplifies to Eq. (4) when ∆𝑡 tends to zero. When the forcing 219 

time is finite however, the peak cooling Tc depends on both the climate feedback λ and the ocean 220 

damping q (through the parameter μ). In the limit of small μ, the ocean does not play a 221 
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significant role and in theory the value of λ could be inferred from knowledge of V, Tc, ∆𝑡 and 222 

h1. However if μ ≥ 1, oceanic damping becomes as important as λ in reducing Tc and hence any 223 

correlation between these two quantities can be confounded by the influence of ocean heat 224 

sequestration. Moreover, Fig. 7 shows that the influence of λ on the peak cooling is relatively 225 

small (especially for small ∆𝑡) and can easily be obscured by noise, as argued by Wigley et al. 226 

(2005) and Bender et al. (2010). 227 

(ii) Integrated response and ECS 228 

To mitigate against the effect of noise, previous studies (e.g. Yokohata et al. 2005; Bender et al. 229 

2010; Wigley et al. 2005) have proposed to link the ECS to the time-integrated volcanic 230 

response, rather than just the peak cooling value. This approach can also be interpreted in terms 231 

of the 2-box model, by integrating Eq. (1) in time from t = 0 to ∞, giving:  232 

 λ ∫ T1(t)dt
∞

0
=  𝑉. (14) 

Eq. (14) is a statement of conservation of energy: the energy extracted from the system by the 233 

volcanic eruption (RHS) must be balanced by the total energy recovered through climatic 234 

feedbacks (LHS) over the entire duration of the process. We note here parenthetically that since 235 

the time integrated response does not depend on ocean damping, the presence of an active deeper 236 

ocean underneath the mixed layer does not change the value of the integrated temperature 237 

response. A larger value of q tends to shift the weight of the response towards longer timescales, 238 

without affecting the ‘area under the curve’ (see Fig. 1).  239 

The absence of the parameter q in Eq. (14) also means that the time integrated response can in 240 

theory be used to infer λ (or the ECS), without the conflating influence of ocean damping. A 241 

common problem however is that in complex GCMs and observations, the response typically 242 
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becomes indistinguishable from noise 5-10 years after Pinatubo-like eruptions. If μ is small, the 243 

timescale of the response is dominated by the mixed layer and in that case, an integration time of 244 

5-10 years may be enough to obtain a reliable estimate of λ. However if μ is large, a significant 245 

part of the cooling energy is still stored in the ocean during that period, and using Eq. (14) for 246 

such a short integration time is likely to give an overestimate of λ. Moreover, Fig. 7 shows that 247 

the response curves (corresponding to different λ values) are tightly packed in the initial fast 248 

decay stage (0-3 years) but later become more distinct from each other (3-20 years). This overall 249 

behavior is reflective of the conclusion we drew from Eq. (10), that in the limit of large μ, the 250 

fast timescale is controlled by q, whereas the slower timescale is set by λ. This limits the 251 

usefulness of Eq. (14) for estimating the ECS.  252 

(iii) Integrated response and TCS  253 

Since the volcanic SST signal rapidly fades to noise for typical modern-era volcanic eruptions, 254 

Merlis et al. (2014) suggested that the SST response could provide a more reliable constraint on 255 

the transient climate sensitivity (TCS) instead of the long term ECS. The TCS is a measure of the 256 

response of the system while the deep ocean temperature has not been significantly affected by 257 

the forcing and has been suggested as a more relevant parameter to characterize the evolution of 258 

the climate under anthropogenic CO2 forcing (e.g. Held et al. 2010). The TCS can be derived by 259 

enforcing 𝑇2 ≪ 𝑇1  in Eq. (1): 260 

 ρcwh1

dT1

𝑑𝑡
≈  −(λ + q)T1 + 𝐹(𝑡) . (15) 

Solving Eq. (15) at equilibrium with F(t) = Fs as in Eq. (11) then yields the TCS:  261 

 𝑇𝐶𝑆 =
𝐹𝑠

𝜆 + 𝑞
 . (16) 
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The TCS is inversely proportional to the sum λ + q, as is the approximate fast timescale 𝜏𝑓 given 262 

in Eq. (7a). The TCS can therefore be interpreted as the characteristic response over that fast 263 

timescale. To estimate the TCS, Merlis et al. (2014) propose to integrate Eq. (15) up to a time tI 264 

short enough that 𝑇2 ≪ 𝑇1, but long enough that the LHS of Eq. (15) becomes negligible. It is 265 

also assumed that the forcing has ceased to act before time tI. The energy balance then becomes:   266 

 (𝜆 + 𝑞) ∫ 𝑇1(𝑡)𝑑𝑡
𝑡𝐼

0
≈  𝑉. (17) 

Eq. (17) states that the energy extracted by the forcing is approximately balanced by the energy 267 

dissipated by both atmospheric and oceanic damping up to time tI and should be contrasted with 268 

Eq. (14). Merlis et al. (2014) use a value of tI = 15 years and find values of λ + q that are on the 269 

order of 2 Wm-2K-1. They also estimate the value of λ separately, by consideration of the top of 270 

atmosphere radiation balance and find q and λ values both on the order of 1 Wm-2K-1. Using tI = 271 

15 years, we apply this method to the 2-box model fit of the MITgcm full ocean simulation 272 

shown in Fig. 6 (a) to obtain λ + q = 2.9 Wm-2K-1, giving q = 1.4 Wm-2K-1. This is a large 273 

underestimate of the value of q = 3.5 Wm-2K-1 that was found from curve fitting and 274 

subsequently used as an input to the 2-box model. 275 

In this study, we argue based on Fig. 6 (b), that an integration time of tI = 1-3 years may be more 276 

appropriate to satisfy the condition 𝑇2 ≪ 𝑇1. Beyond that time, the deeper layer temperature 277 

anomaly (at around 120m depth) is of the same order of magnitude as the mixed layer 278 

temperature anomaly. However, we note that such a short time after the eruption is not long 279 

enough to neglect the LHS of Eq. (15), as was done to obtain Eq. (17). Hence, we integrate Eq. 280 

(15) again, but this time taking account of the transient term on the LHS to give:  281 
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 (𝜆 + 𝑞) ∫ 𝑇1(𝑡)𝑑𝑡
𝑡𝐼

0
≈  𝑉 − 𝜌𝑐𝑤ℎ1𝑇1(𝑡𝐼). (18) 

Eq. (18) can be used to estimate λ + q more accurately than with Eq. (17), but requires 282 

knowledge of h1 in addition to V and T1(t). Using Eq. (18) with tI = 3 years, we find λ + q = 4.4      283 

Wm-2K-1 and q = 2.9 Wm-2K-1. This is still an underestimate of the value of the curve fit value (q 284 

= 3.5 Wm-2K-1, but better than the one obtained using Eq. (17) and tI = 15 years. Further tests 285 

with a range of q values in the 2-box model find that shorter integration times give more accurate 286 

results, but that this method tends to underestimate q values. The method is also less accurate for 287 

large q values because they lead to a rapid increase in the magnitude of T2, causing the 288 

approximation 𝑇2 ≪ 𝑇1 to break down after only a short time. Nevertheless, Eq. (18) can provide 289 

a way forward to estimate the TCS from knowledge of the SST response, h1 and V.  290 

3.4 Accumulation potential 291 

In Fig. 8, we use the 2-box model to assess the accumulation potential of the SST response from 292 

successive volcanic eruptions. We develop a metric for accumulation by considering a series of 293 

uniform eruptions spaced at a regular interval 𝜏. As was seen in the aquaplanet simulations in 294 

Fig. 4, the peak magnitude of the response may increase over time if the response decay 295 

timescale is small relative to the interval between each eruption. We apply the mathematical 296 

formula for the sum of a geometrical series to calculate the peak temperature response after each 297 

eruption to obtain Ten the envelope of the signal (see SI): 298 

 
𝑇𝑒𝑛(𝑡) = 𝑇𝑓

1 − 𝑒−(𝑡+𝜏)/𝜏𝑓 

1 − 𝑒−𝜏/𝜏𝑓 
+ 𝑇𝑠

1 − 𝑒−(𝑡+𝜏)/𝜏𝑠 

1 − 𝑒−𝜏/𝜏𝑠 
 . (19) 

In the theoretical limit that the repeated eruptions occur for all time (t → ∞), the envelope 299 

asymptotes to a finite value T∞ given by (see SI):  300 
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𝑇∞ =

𝑇𝑓

1 − 𝑒−𝜏/𝜏𝑓 
+

𝑇𝑠

1 − 𝑒−𝜏/𝜏𝑠 
 . (20) 

This limit is reached when the rate at which cooling is supplied by the eruptions equals the rate at 301 

which it is extracted out by the climate feedbacks. Eq. (20) thus provides a theoretical maximum 302 

to the temperature accumulation resulting from successive uniform eruptions. The analytical 303 

expression for T∞ explicitly reveals how the potential for accumulation increases when the ratios 304 

τ/tf and τ/ts decrease. The limit T∞ is analogous to the equilibrium climate response under a step 305 

forcing and in fact tends to the ECS as the interval between the eruptions approaches zero. The 306 

fast and slow components of T∞ are of the same order of magnitude so they both matter to the 307 

response, even in the limit when μ is large. On the other hand, when μ is small, the response is 308 

dominated by the mixed layer timescale, which then controls the accumulation potential.  309 

In Fig. 8, we explore the sensitivity of the temperature envelope Ten to the following parameters: 310 

λ, q, h1 and 𝜏. The build-up amount is expressed relative to the peak cooling after the first 311 

eruption in the series, which varies with h1, λ and q (see Eq. (13)). The blue points in each panel 312 

describe the accumulation curve obtained with the parameters from the 2-box fit to the MITgcm 313 

response (see Table 1). Fig. 8 (a) and (b) show that a smaller climate sensitivity λ and a larger 314 

mixed layer depth h1 elicit a larger accumulation potential Ten. Both these parameters directly 315 

affect the relaxation of the mixed layer temperature and hence are of primary importance in 316 

setting the amount of response build-up. Fig. 8 (c) shows the effect of the ocean mixing q in 317 

increasing the accumulation potential Ten. A comparison with the aquaplanet results from Fig. 4 318 

shows that the 2-box model (q = 3.5 Wm-2K-1) quantitatively captures the 20% accumulation 319 

seen in the full ocean configuration. Conversely, the 1-box model (q = 0) displays the same 320 

absence of accumulation as was observed in the slab configuration. Fig. 8 (d) shows the increase 321 



17 

 

in response build-up as the interval between eruptions 𝜏 is narrowed. It reveals that eruptions 322 

spaced by more than 20 years have a very low accumulation potential. Overall, the results of this 323 

analysis show that for the range of parameters considered, a regular series of uniform eruptions 324 

can yield a maximum accumulation of approximately 10-50%. Moreover, ocean heat 325 

sequestration favors accumulation, as demonstrated with the behavior of Ten with increasing 326 

mixing parameter q and mixed layer depth h1.  327 

4. Response to the last millennium volcanic forcing 328 

The role of the ocean in time prolonging the climate signal can be seen at work in the context of 329 

the volcanic forcing over the last millennium. A growing number of studies (e.g. Crowley, 2000; 330 

Hegerl et. al, 2003; Atwood et al. 2016) have highlighted the importance of volcanic eruptions in 331 

instigating the coldest period of the Holocene, commonly referred to as the Little Ice Age (LIA, 332 

~1250-1850 CE). They point to volcanic cooling as a major contributor to the LIA, beyond the 333 

effects of reduced insolation, changes in greenhouse gases, and land use evolution. Some authors 334 

(e.g. Free et al. 1999; Crowley et al. 2008; Stenchikov et al. 2009) have already suggested that 335 

the ocean’s long response timescales could help explain how eruptions that typically last only 1-336 

2 years could engender cooling over multiple decades. Here, we make use of the MITgcm and 337 

the 2-box model to investigate the magnitude of signal prolongation due to ocean damping and 338 

the relative importance of small versus large eruptions. 339 

Fig. 9 (adapted from Sigl et al. 2015) shows a reconstruction of Europe and Arctic temperatures 340 

along with global volcanic activity over the past 2500 years. The two panels show that 20 of the 341 

40 coldest years in the series occurred during the Little Ice Age (LIA) and that those cold years 342 

coincided with the largest eruptions of that period. The LIA was characterized by the occurrence 343 

of cold spells during the mid 15th, 17th and early 19th century. The spatial extent of the cooling is 344 
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not yet known as most proxy records originate from land in the Northern hemisphere. 345 

Nevertheless, Neukom et al. (2014) provide some indications that sustained periods of cooling 346 

occurred in the Southern hemisphere, particularly in the 17th century. In this study, we focus on 347 

large tropical volcanic eruptions, because the stratospheric transport of particles towards the 348 

poles results in a considerable global climatic impact (Robock, 2000). Moreover, the volcanic 349 

forcing reconstruction in Fig. 9 (b) indicates that tropical eruptions were larger than hemispheric 350 

ones in the past 2500 years. We choose the LIA as an example of a modern period with intense 351 

tropical volcanic activity to investigate whether the presence of a deep ocean can extend the 352 

response from individual eruptions and create periods of sustained decadal cooling, as observed 353 

in the historical record.  354 

Fig. 10 (a) shows an estimate of the volcanic forcing of the last millennium (A. LeGrande, 355 

NASA GISS, personal communication). It reveals the large volcanic eruptions of the 13th, 15th, 356 

17th and 19th centuries as well as the smaller (< 4Wm-2K-1) eruptions that occurred more 357 

regularly throughout the timeseries. In Fig. 10 (b) and (c), we plot the MITgcm response to this 358 

historical volcanic forcing, in the form of the globally-averaged SST anomalies for the slab and 359 

full ocean configurations. These panels show that SSTs in the full ocean scenario tend to be 360 

colder than in the slab for the decades following clusters of large volcanic eruptions (13th, 15th, 361 

17th and 19th centuries). Note that since the model does not contain ice, it does not capture the 362 

positive sea-ice feedback proposed by Miller et al. (2012) that link volcanism and the LIA. The 363 

differences in responses between the slab and full ocean configurations can be attributed to the 364 

sequestration of cold anomalies by the deeper ocean.  365 

Fig. 10 (c) shows that the strong volcanic activity of the 13th century, which has previously been 366 

related to the onset of the LIA (e.g. Miller et al. 2012; Cole-Dai et al. 2013) has an effect that 367 
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spans multiple decades. At the end of this sequence of eruptions, the temperature anomaly in the 368 

full ocean configuration remains mostly colder than the slab until the middle of the 15th century. 369 

Similarly, after the large 1450’s eruptions (Cole-Dai et al. 2013) the full ocean configuration 370 

displays a temperature anomaly of around -0.2°C that lasts for around 100 years, in contrast to 371 

the slab, whose response decays to noise after about 20 years. There is also some signal 372 

prolongation after the 17th century eruptions, which persists for around 20 years at the beginning 373 

of the 1800’s. Finally, as reported by Crowley et al. (2008), the close packing of four eruptions 374 

between 1809 and 1835 (including the Tambora eruption in 1815) leads to an accumulated 375 

climate response in the 19th century, because of the long timescales imparted by the global 376 

oceans.   377 

Fig. 10 (d) shows the historical forcing responses of the box model obtained using the parameters 378 

in Table 1. Comparing Fig. 10 (b) and (d) shows that the box model reproduces the temperature 379 

anomalies of the MITgcm slab and full ocean configurations relatively well, indicating that the 380 

response remains mostly linear even on centennial timescales. However, as discussed in Section 381 

2.2, very large eruptions in the MITgcm full ocean configuration induce some non-linearity due 382 

to increased mixed layer depths and a deeper sequestration of the cooling, particularly in the 383 

tropics. This causes a 10% decrease in the peak response relative to the linear case 384 

(approximately) but also a longer tail. The 2-box model does not capture this extra amount of 385 

signal prolongation from large forcings, since it is calibrated to a Pinatubo-size eruption. 386 

Nevertheless, the 2-box model temperature is colder than the 1-box model temperature during 387 

70% of the simulation, clearly highlighting the importance of the deeper ocean in extending the 388 

response. Fig. 10 (c) also shows the sensitivity of the box model to various values of the climate 389 
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feedback λ, ranging from 0.8 to 2.5 Wm-2 K-1. Small values of λ lead to longer prolongation as 390 

anticipated in Section 3, but without notable qualitative changes in the response.  391 

In Fig. 10 (e), we use the 2-box model to estimate the contribution of the response from small 392 

eruptions (less than or equal to -4 Wm-2) versus large eruptions (greater than -4 Wm-2). We find 393 

that small eruptions are frequent enough that their responses accumulate and cool the climate 394 

almost continuously throughout the entire timeseries by about 0.05°C. Large eruptions occur 395 

more rarely but can still lead to accumulation, e.g. 13th and 19th centuries. These results show 396 

that both small and large eruptions played an important part in the cooling of the climate during 397 

the last millennium. Moreover, the large volcanic eruptions from 1250 to 1850, coupled with the 398 

heat sequestration from the deeper ocean, could have been a significant driver of the extended 399 

periods of cooling observed during the LIA. 400 

5. Discussion and conclusions  401 

We explore the role of the ocean in modulating the globally-averaged SST response of the 402 

climate to volcanic cooling, using a hierarchy of idealized models. We find that the presence of 403 

the deeper ocean beneath the mixed layer introduces a ‘dog-leg’ response characterized by two 404 

timescales. This effect strengthens with the parameter μ, which characterizes the ratio of ocean 405 

damping q and climatic feedback λ. In our study, curve-fitting the MITgcm response to a 2-box 406 

model gives q = 3.5 Wm-2K-1, λ = 1.5 Wm-2K-1 and μ = 2.3. This large value of μ leads to a 407 

pronounced ‘dog-leg’ in the response, with fast and slow timescales of 1 and 20 years 408 

respectively. This result can be contrasted to the work of Merlis et al. (2014) who report μ ≈ 1 409 

and Douglass et al. (2006) who find that heat exchange anomalies between the mixed layer and 410 

the thermocline were small after the 1991 Pinatubo eruption.  411 
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In the limit of large μ, we show perhaps surprisingly, that the fast timescale is dominated by 412 

ocean damping, whereas the slow one is controlled by atmospheric feedbacks. Thus in the first 413 

few years following the eruption, heat exchange with the deeper ocean dominates over the 414 

climatic feedbacks in relaxing the SST response, sequestering the (negative) heat in the ocean 415 

interior and reducing the magnitude of the peak anomaly. Subsequently, the cooling stored in the 416 

deeper ocean is delivered back to the surface over decadal periods, extending the response 417 

beyond the timescale implied by a slab ocean configuration.  418 

We went on to review several methods for constraining climate sensitivity using the global-mean 419 

SST response of the climate to a volcanic eruption: (i) peak cooling, (ii) integrated response to 420 

estimate the ECS and (iii) integrated response to estimate the TCS. We argue that typical signal 421 

noise in the response is a strong limiting factor. For methods (i) and (ii), we find that results can 422 

additionally be confounded by the effects of ocean heat sequestration if q is large. Moreover, we 423 

find that using method (iii) with short integration times could in theory give reasonable estimates 424 

for q, but only if q is relatively small. The q parameter may also vary depending on the strength 425 

and duration of the forcing, due to how deep the response penetrates into the ocean.  426 

For a forcing of the magnitude and duration of the Pinatubo eruption, we find that about 300m of 427 

the ocean beneath the mixed layer plays a role in the response. This is much smaller for example 428 

than in Kostov et al. (2013) and Geoffroy et al. (2013) who consider anthropogenic CO2 forcing 429 

and find an h2 parameter close to 1000m. These deeper oceanic layers associated with the 430 

ocean’s meridional overturning circulation are unlikely to be excited by a Pinatubo-like eruption. 431 

Hence, the q parameter obtained from studies of volcanic cooling may differ from the ones 432 

relevant to anthropogenic CO2 forcing. Indeed, the results from Romanou et al. (2017) suggest a 433 

strong dependence of q with time because different components of the ocean circulation become 434 
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activated as time progresses. Similarly, λ also changes in time in a manner that depends on 435 

regional feedbacks mediated by ocean heat transport (e.g. Armour et al. 2012). Clearly a study of 436 

the response of the climate to a single volcanic eruption can only address the short (year to 437 

decadal) rather than the long (centennial) timescales.  438 

Moreover, when μ ≥ 1, the resulting ‘dog-leg’ in the SST anomaly implies a longer prolongation 439 

of the response, which favors accumulation from successive eruptions. When forced by 440 

Pinatubo-like eruptions every 10 years, the full ocean simulations show 20% accumulation 441 

versus none for the slab. The accumulation occurs rather linearly in the GCM and can thus be 442 

represented by the 2-box model. We find that there is a limit to the theoretical maximum amount 443 

of accumulation that can occur for a series of regularly-spaced uniform eruptions, which 444 

decreases with the climatic feedback λ and increases with the mixed layer depth h1. For typical 445 

parameter values, this maximum accumulation potential is around 10-50% of the initial peak 446 

cooling. We also note that the accumulation rate and propensity decrease sharply when the 447 

interval between eruptions becomes larger than the slow decay timescale (20 years).  448 

Finally, we demonstrate how signal prolongation and accumulation due to the presence of the 449 

deeper ocean reservoir could help explain the extended periods of cooling observed during the 450 

Little Ice Age (LIA, ~1250-1850 CE). After the large clusters of eruptions of the 13th, 15th, 17th 451 

and 19th century, the deeper ocean prolongs the surface cooling over multiple decades. After the 452 

large 1450’s eruptions in particular, we find a globally-averaged SST anomaly of -0.2°C that 453 

lasts for 100 with an active ocean versus 20 years with a slab ocean. When calibrated for a 454 

Pinatubo-like forcing, the 2-box model provides a reasonable representation of the MITgcm 455 

historical response, but tends to underestimate the signal prolongation after much larger 456 

eruptions (≫ 4 Wm-2) because it does not capture the deepest sequestration of cold anomalies. 457 
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The box model reveals that the frequent small scale eruptions tended to cool the climate almost 458 

continuously by about 0.05°C throughout the last millennium. Larger eruptions were rarer, but 459 

aided by ocean heat sequestration, could have played an important part in extended periods of 460 

cooling during the LIA. These results are in line with the conclusions from Crowley et al. (2008), 461 

Miller et al. (2012), Cole-Dai et al. (2013), Atwood et al. (2016) and others. We thereby 462 

conclude that the mechanisms responsible for storing volcanic cooling in the subsurface ocean 463 

are relevant for questions pertaining to climate variability over decadal to millennial timescales.  464 
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Appendix A: MITgcm coupled model 471 

This study employs the Massachusetts Institute of Technology Global Circulation Model 472 

(MITgcm; Marshall et al. 1997a,b). The model simulates the physics of an ocean-covered planet 473 

coupled to an atmosphere, with no land, sea-ice or clouds. Geometrical constraints are imposed 474 

on the ocean circulation through the effect of two narrow barriers extending from the North Pole 475 

to 35°S and set 90° apart. These barriers extend from the seafloor (assumed flat) to the surface 476 

and separate the ocean into a large and a small basin that are connected to the south. Despite the 477 

simplicity of the geometry, this ‘double-drake’ configuration of the model displays remarkably 478 

similar characteristics to the present climate, including realistic energy transports by the oceans 479 

and atmosphere, and a deep meridional overturning circulation that is dominated by the small 480 

basin (Ferreira et al. 2009). 481 

The atmosphere and ocean fluids both use the same C32 cubed-sphere grid (32×32 points per 482 

face), yielding a nominal horizontal resolution of 2.8° (Adcroft et al. 2004; Adcroft and Campin 483 

2004). The ocean is uniformly 3.4 km deep and has 15 vertical levels with a resolution increasing 484 

from 30 m at the surface to 400 m at depth. Effects of mesoscale eddies are parameterized as an 485 

advective process (Gent & McWilliams, 1989) and isopycnal diffusion (Redi, 1982). Convective 486 

adjustment is implemented as an enhanced vertical mixing of temperature and salinity and is 487 

used to represent ocean convection (Klinger and Marshall 1995). The background vertical 488 

diffusion is uniform and set to 3∙10-5 m2s-1.  489 

The atmospheric component of the model has 26 pressure levels and employs a gray radiation 490 

scheme with parameterized convection and precipitation as in Frierson et al. (2006).The 491 

longwave optical thickness is modified by the distribution of water vapor, following Byrne & 492 

O'Gorman (2012). In this simplified radiation scheme, the shortwave flux does not interact with 493 
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the atmosphere and hence the planetary albedo is the same as the surface albedo. A seasonal 494 

cycle of insolation at the top of the atmosphere is specified for a solar constant of 1360 Wm-2. 495 

The meridional albedo contrast is represented by a pole-to-equator albedo gradient varying 496 

linearly from 0.6 to 0.2, in line with the observations presented in Donohoe and Battisti (2011).  497 

We also make use of a ‘slab ocean’ configuration of the MITgcm that has a single layer in the 498 

vertical, whose thickness is fixed in time but varies spatially according to the annual-mean mixed 499 

layer depth diagnosed from a long control simulation. Surface heat fluxes are imposed as a 500 

stationary boundary condition to the slab ocean model. These heat fluxes are also diagnosed 501 

from the control simulation and represent ocean energy transport convergence into a given grid 502 

box.  503 

Appendix B: The 1-D diffusion model  504 

1-D diffusion models such as the one presented in Fig. A1 have been employed in previous 505 

studies to represent processes occurring in the global ocean (e.g. Lindzen & Giannitsis, 1998). 506 

The model considered in this paper consists of a mixed layer of uniform temperature T1 and 507 

depth h1 above a diffusive layer of finite depth H with temperature T(z). The mixed layer is 508 

forced from the top by a forcing F and climate feedbacks λT1. In the diffusive layer, the thermal 509 

diffusivity is κ. For consistency with the rest of the analysis, the mixed layer depth and climate 510 

sensitivity parameter are fixed to the following values:  h1 = 43m and λ = 1.5 Wm-2K-1. The 511 

depth H is chosen to be 1000m, far enough into the depth of the ocean for the temperature 512 

anomalies after a volcanic eruption to be negligible. The model satisfies: 513 

 𝜌𝑐𝑤ℎ1

𝑑𝑇1(𝑡)

𝑑𝑡
= 𝐹(𝑡) − 𝜆𝑇1(𝑡) − 𝜌𝑐𝑤𝜅

𝜕𝑇(𝑧 = −ℎ1, 𝑡)

𝜕𝑧
 (A9) 
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and 
𝜕𝑇(𝑧, 𝑡)

𝜕𝑡
=

𝜕

𝜕𝑧
(𝜅

𝜕𝑇(𝑧, 𝑡)

𝜕𝑧
) (A10) 

With boundary conditions: 𝑇(𝑧 = 0, 𝑡) = 𝑇1(𝑡) (A11) 

and 
𝜕𝑇(𝑧 = −𝐻, 𝑡)

𝜕𝑧
= 0 (A12) 

This set of equations are solved numerically. Fig. A2 shows a good fit between the simple model 514 

and the full ocean MITgcm configuration for κ = 10-4 m2s-1. Moreover, the 1-D model solution 515 

tends to the slab solution as the diffusivity becomes very small (κ = 10-7 m2s-1). In the presence 516 

of an active deeper ocean, the diffusion model reproduces the reduced peak cooling and the 517 

prolonged response that was observed in the 2-box model and in the MITgcm full ocean 518 

configuration. 519 

Fig. A3 shows that after 3 years, the diffusion model and the MITgcm have a similar temperature 520 

evolution with depth. The magnitude of the temperature anomaly decreases with time over the 521 

top layers of the ocean and increases in the layers underneath through the combined action of the 522 

climatic feedbacks at the surface and the ocean exchanges drawing cold temperatures into the 523 

ocean depth.  524 
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Figure caption list 631 

Fig. 1:  Responses of the box model to an idealized Pinatubo eruption (-4 W/m2 for a year) in the 632 

1-box case (red) and 2-box cases (blue) in terms of the ratio of ocean mixing strength to the 633 

climatic feedback parameter μ = q/λ with λ = 1.5Wm-2K-1. The ‘area under the curve’ is the same 634 

in all cases, but with a smaller peak and a longer ‘tail’ as q (or μ) increases.  635 

Fig. 2: MITgcm responses to a Pinatubo-like forcing (-4 Wm-2 for a year) and a 10×Pinatubo 636 

forcing (-40 Wm-2 for a year) for the slab ocean in red and the full ocean configuration in blue. 637 

(a) Ensemble mean responses normalized with respect to their maximum cooling temperature. 638 

(b) Non-normalized responses for the Pinatubo forcing with the shaded envelopes of 5 ensemble 639 
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members for the slab ocean (red) and 10 ensemble members for the full ocean (blue). The solid 640 

lines are the corresponding ensemble mean. (c) Non-normalized responses for the 10×Pinatubo 641 

forcing with one ensemble member for the slab and full ocean respectively.  642 

Fig. 3: MITgcm zonally averaged temperature anomaly in the ocean with depth and latitude in 643 

the full ocean configuration. The temperature evolution is shown for 2, 5 and 10 years after the 644 

eruption initiation in the left, middle and right panels respectively. The top panels are the mean 645 

responses of 10 ensemble members for the Pinatubo-like forcing (-4 Wm-2 for a year) and the 646 

bottom panels are the responses for a single ensemble member of the 10×Pinatubo forcing (-40 647 

Wm-2 for a year). The thick black line represents the model-diagnosed mixed layer depth.       648 

Fig. 4: MITgcm ensemble-mean response to a Pinatubo-like eruption (-4 Wm-2 for a year) every 649 

10 years in the slab ocean (red) and full ocean (blue) configurations. The slab and full ocean 650 

configuration were run for 5 and 10 ensemble members respectively. 651 

Fig. 5: 2-box model comprising a mixed layer of depth h1 and a deeper ocean of depth h2 with 652 

temperature anomalies T1 and T2 respectively. The model is driven from the top by an external 653 

forcing F and damped by the climate feedback λT1. The two boxes exchange heat through the 654 

exchange parameter q.  655 

Fig. 6: Temperature responses of the box model (solid lines) and the MITgcm (dotted lines) to an 656 

idealized Pinatubo forcing (-4 Wm-2 for a year). (a) 2-box model fit (solid blue) to the full ocean 657 

MITgcm response (dotted blue) with r2 = 0.87 and 1-box model fit (solid red) to the slab ocean 658 

MITgcm response (dotted red) with r2 = 0.97. The fit parameters are summarized in Table 1. (b) 659 

SST (dotted blue) and temperature at 120m depth (dotted yellow) from the MITgcm full ocean 660 
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configuration with the corresponding 2-box model temperatures T1 (solid blue) and T2 (solid 661 

yellow). 662 

Fig. 7: 2-box model responses to an idealized Pinatubo forcing (-4 Wm-2 for a year) for a range 663 

of λ (or ECS) values. All other parameters are fixed to those in Table 1.  664 

Fig. 8: Normalized temperature envelope Ten for a series of uniform and regularly spaced 665 

eruptions in the 2-box model. Each dot represents the peak cooling temperature after a new 666 

eruption. Parameter sensitivity is explored for (a) the climate sensitivity λ, (b) the ocean 667 

exchange parameter q, (c) the mixed layer depth h1 and (d) the time interval between eruptions 𝜏.   668 

Fig. 9: (data from Sigl et al. 2015): (a) 2000-year reconstruction of global volcanic aerosol 669 

forcing from sulfate composite records from tropical (orange) and Northern Hemisphere (gray) 670 

eruptions. (b) 2000-year record of reconstructed summer temperature anomalies for Europe and 671 

the Arctic relative to 1961-1990 shown yearly (green) and as a 50-year running mean (orange). 672 

The 40 coldest single years are indicated with blue circles and the approximate duration of the 673 

Little Ice Age is shown. 674 

Fig. 10: (a) Tropical volcanic forcing of the last millennium (A. LeGrande, NASA GISS, 675 

personal communication) divided into small (> -4 Wm-2K-1) and large eruptions (≤ -4 Wm-2K-1), 676 

(b) responses of the MITgcm full ocean (blue) and slab ocean (red) configurations to the 677 

volcanic forcing (c) 5-year running mean of (b) on a magnified scale; (d) Convolution response 678 

of the box model (solid line) and sensitivity to λ (shading). (e) 5-year running mean of the 2-box 679 

model response to the small (black) and large (gray) volcanic forcing.  680 

Fig. A1. Linear albedo gradient imposed at the surface of the MITgcm model. The grid is in a 681 

cubed sphere configuration with 32×32 points per face, with a nominal horizontal resolution of 682 
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2.8°. The thick black lines indicate the solid ridges of the ‘double-drake’ setup extending from 683 

the North Pole to 35°S and set 90° apart. 684 

Fig. A2: 1-D diffusion model with mixed layer depth h1, deep ocean depth H, thermal diffusivity 685 

κ, climate feedback parameter λ, mixed layer temperature T1 and deep ocean temperature T(z). 686 

Fig. A3: Mixed layer temperature anomaly in the 1-D diffusion model (solid lines) and MITgcm 687 

(dotted lines) for a -40 Wm-2K pulse lasting 1 year. The red lines correspond to a slab ocean 688 

whereas the blue lines are for a full ocean. The response functions are shown for non-normalized 689 

values (left) and normalized by the corresponding peak cooling value (right).  690 

Fig. A4: Time evolution of temperature profiles with depth for a 1-year forcing of -40 Wm-2 in 691 

(a) the 1-D diffusion model with κ = 10-4 m2s-1 and (b) the horizontally MITgcm full ocean 692 

configuration.   693 
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Parameter  
Physical 

interpretation 
Fit value 

h1 Mixed layer depth 43 m 

h2 Deeper ocean depth 150 m 

λ Climatic feedback 1.5 Wm-2K-1 

q Oceanic mixing 3.5 Wm-2K-1 

Table 1: 2-box model parameters obtained by curve-fitting the SST response of the full ocean 694 

MITgcm to an idealized Pinatubo eruption (-4 W/m2 for a year).  695 

 696 

Fig. 1:  Responses of the box model to an idealized Pinatubo eruption (-4 W/m2 for a year) in the 697 

1-box case (red) and 2-box cases (blue) in terms of the ratio of ocean mixing strength to the 698 

climatic feedback parameter μ = q/λ with λ = 1.5Wm-2K-1. The ‘area under the curve’ is the same 699 

in all cases, but with a smaller peak and a longer ‘tail’ as q (or μ) increases.  700 
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 701 

Fig. 2: MITgcm responses to a Pinatubo-like forcing (-4 Wm-2 for a year) and a 10×Pinatubo 702 

forcing (-40 Wm-2 for a year) for the slab ocean in red and the full ocean configuration in blue. 703 

(a) Ensemble mean responses normalized with respect to their maximum cooling temperature. 704 

(b) Non-normalized responses for the Pinatubo forcing with the shaded envelopes of 5 ensemble 705 

members for the slab ocean (red) and 10 ensemble members for the full ocean (blue). The solid 706 

lines are the corresponding ensemble mean. (c) Non-normalized responses for the 10×Pinatubo 707 

forcing with one ensemble member for the slab and full ocean respectively.  708 
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 709 

Fig. 3: MITgcm zonally averaged temperature anomaly in the ocean with depth and latitude in 710 

the full ocean configuration. The temperature evolution is shown for 2, 5 and 10 years after the 711 

eruption initiation in the left, middle and right panels respectively. The top panels are the mean 712 

responses of 10 ensemble members for the Pinatubo-like forcing (-4 Wm-2 for a year) and the 713 

bottom panels are the responses for a single ensemble member of the 10×Pinatubo forcing (-40 714 

Wm-2 for a year). The thick black line represents the model-diagnosed mixed layer depth.       715 
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 716 

Fig. 4: MITgcm ensemble-mean response to a Pinatubo-like eruption (-4 Wm-2 for a year) every 717 

10 years in the slab ocean (red) and full ocean (blue) configurations. The slab and full ocean 718 

configuration were run for 5 and 10 ensemble members respectively. 719 

 720 

Fig. 5: 2-box model comprising a mixed layer of depth h1 and a deeper ocean of depth h2 with 721 

temperature anomalies T1 and T2 respectively. The model is driven from the top by an external 722 

forcing F and damped by the climate feedback λT1. The two boxes exchange heat through the 723 

exchange parameter q.  724 
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 725 

Fig. 6: Temperature responses of the box model (solid lines) and the MITgcm (dotted lines) to an 726 

idealized Pinatubo forcing (-4 Wm-2 for a year). (a) 2-box model fit (solid blue) to the full ocean 727 

MITgcm response (dotted blue) with r2 = 0.87 and 1-box model fit (solid red) to the slab ocean 728 

MITgcm response (dotted red) with r2 = 0.97. The fit parameters are summarized in Table 1. (b) 729 

SST (dotted blue) and temperature at 120m depth (dotted yellow) from the MITgcm full ocean 730 

configuration with the corresponding 2-box model temperatures T1 (solid blue) and T2 (solid 731 

yellow). 732 

 733 
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Fig. 7: 2-box model responses to an idealized Pinatubo forcing (-4 Wm-2 for a year) for a range 734 

of λ (or ECS) values. All other parameters are fixed to those in Table 1.  735 

 736 

Fig. 8: Normalized temperature envelope Ten for a series of uniform and regularly spaced 737 

eruptions in the 2-box model. Each dot represents the peak cooling temperature after a new 738 

eruption. Parameter sensitivity is explored for (a) the climate sensitivity λ, (b) the ocean 739 

exchange parameter q, (c) the mixed layer depth h1 and (d) the time interval between eruptions 𝜏.   740 
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 741 

Fig. 9: (data from Sigl et al. 2015): (a) 2000-year reconstruction of global volcanic aerosol 742 

forcing from sulfate composite records from tropical (orange) and Northern Hemisphere (gray) 743 

eruptions. (b) 2000-year record of reconstructed summer temperature anomalies for Europe and 744 

the Arctic relative to 1961-1990 shown yearly (green) and as a 50-year running mean (orange). 745 

The 40 coldest single years are indicated with blue circles and the approximate duration of the 746 

Little Ice Age is shown. 747 
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 748 

Fig. 10: (a) Tropical volcanic forcing of the last millennium (A. LeGrande, NASA GISS, 749 

personal communication) divided into small (> -4 Wm-2K-1) and large eruptions (≤ -4 Wm-2K-1), 750 
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(b) responses of the MITgcm full ocean (blue) and slab ocean (red) configurations to the 751 

volcanic forcing (c) 5-year running mean of (b) on a magnified scale; (d) Convolution response 752 

of the box model (solid line) and sensitivity to λ (shading). (e) 5-year running mean of the 2-box 753 

model response to the small (black) and large (gray) volcanic forcing.  754 

 755 

Fig. A1. Linear albedo gradient imposed at the surface of the MITgcm model. The grid is in a 756 

cubed sphere configuration with 32×32 points per face, with a nominal horizontal resolution of 757 

2.8°. The thick black lines indicate the solid ridges of the ‘double-drake’ setup extending from 758 

the North Pole to 35°S and set 90° apart. 759 

 760 

Fig. A2: 1-D diffusion model with mixed layer depth h1, deep ocean depth H, thermal diffusivity 761 

κ, climate feedback parameter λ, mixed layer temperature T1 and deep ocean temperature T(z). 762 
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 763 

Fig. A3: Mixed layer temperature anomaly in the 1-D diffusion model (solid lines) and MITgcm 764 

(dotted lines) for a -40 Wm-2K pulse lasting 1 year. The red lines correspond to a slab ocean 765 

whereas the blue lines are for a full ocean. The response functions are shown for non-normalized 766 

values (left) and normalized by the corresponding peak cooling value (right).  767 

 768 

Fig. A4: Time evolution of temperature profiles with depth for a 1-year forcing of -40 Wm-2 in 769 

(a) the 1-D diffusion model with κ = 10-4 m2s-1 and (b) the horizontally MITgcm full ocean 770 

configuration.  771 



  

Supplemental Material

Click here to access/download
Supplemental Material

Supplementary Information.docx

http://www.editorialmanager.com/jcli/download.aspx?id=446339&guid=c6d03d01-52c6-4127-9a69-6f1e57e023f3&scheme=1


  

Fig.1 

Click here to access/download
Non-Rendered Figure
Fig1_lambda_q.png

http://www.editorialmanager.com/jcli/download.aspx?id=446325&guid=d5c576db-468a-46da-81cc-9e8e6808c83b&scheme=1


  

Fig.2

Click here to access/download
Non-Rendered Figure

Fig2_MITgcm_single_erupt.png

http://www.editorialmanager.com/jcli/download.aspx?id=446326&guid=72e8fd40-85fd-4e40-939c-812d46ddaf19&scheme=1


  

Fig.3

Click here to access/download
Non-Rendered Figure

Fig3_lat_depth.png

http://www.editorialmanager.com/jcli/download.aspx?id=446327&guid=de51f58a-45e3-429f-9d1a-a94eab91616a&scheme=1


  

Fig.4

Click here to access/download
Non-Rendered Figure
Fig4_MITgcm_10y.png

http://www.editorialmanager.com/jcli/download.aspx?id=446328&guid=cef52b33-12db-40a5-99df-80a8b201d9d2&scheme=1


  

Fig.5

Click here to access/download
Non-Rendered Figure
Fig5_2box_model.png

http://www.editorialmanager.com/jcli/download.aspx?id=446329&guid=ca704165-e06c-4a5d-8a25-2ce37e1ef24f&scheme=1


  

Fig.6

Click here to access/download
Non-Rendered Figure

Fig6_2box_fits.png

http://www.editorialmanager.com/jcli/download.aspx?id=446330&guid=9b20ffb7-0242-424d-8d79-1d312565634a&scheme=1


  

Fig.7

Click here to access/download
Non-Rendered Figure

Fig7_lambda_sens.png

http://www.editorialmanager.com/jcli/download.aspx?id=446331&guid=c5be02ea-ff9d-47df-9863-6b08177f45c3&scheme=1


  

Fig.8

Click here to access/download
Non-Rendered Figure
Fig8_accum_sens.png

http://www.editorialmanager.com/jcli/download.aspx?id=446332&guid=244c8ed2-9c4a-408b-bd24-2175040c44ee&scheme=1


  

Fig.9

Click here to access/download
Non-Rendered Figure

Fig9_sigl_data.png

http://www.editorialmanager.com/jcli/download.aspx?id=446333&guid=8ededb22-8c19-450e-9ff0-87af08be0588&scheme=1


  

Fig.10

Click here to access/download
Non-Rendered Figure
Fig10_historical.png

http://www.editorialmanager.com/jcli/download.aspx?id=446334&guid=20042115-8cc1-4973-8f71-40d7dce05a37&scheme=1


  

Fig.A1

Click here to access/download
Non-Rendered Figure
FigA1_3d_model.png

http://www.editorialmanager.com/jcli/download.aspx?id=446335&guid=6d776f63-65a8-44f7-9bcd-de068c4e1577&scheme=1


  

Fig.A2

Click here to access/download
Non-Rendered Figure
FigA2_1d_model.png

http://www.editorialmanager.com/jcli/download.aspx?id=446336&guid=eddee201-a5ca-481e-9414-37e75b9fd268&scheme=1


  

Fig.A3

Click here to access/download
Non-Rendered Figure

FigA3_1D_fit.png

http://www.editorialmanager.com/jcli/download.aspx?id=446337&guid=d6db8bb3-d247-4211-98c6-614c22875934&scheme=1


  

Fig.A4

Click here to access/download
Non-Rendered Figure
FigA4_1D_profiles.png

http://www.editorialmanager.com/jcli/download.aspx?id=446338&guid=04b62afe-0031-4907-ac60-c0ccca77fe36&scheme=1

