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ABSTRACT: The Hadley Circulation, tropical SSTs, and the tropical rain belt are key features

of the tropical climate. In this work, we use simplified atmosphere-ocean simulations with no

continents to study these phenomena and their response to greenhouse warming in an idealized

setting. Without ocean dynamics, tropical precipitation strengthens with warming while the Hadley

circulation weakens but transports more energy out of the tropics. Meanwhile, the ITCZ moves

sinusoidally north and south following solar insolation over the seasonal cycle, and the meridional

extent of this annual oscillation decreases with warming. In simulations with ocean dynamics,

the ocean exports energy from the deep tropics, smoothing tropical SST gradients and creating an

SST minimum at the equator. This leads to an ITCZ which straddles the equator in the annual

mean and has a square-wave-like seasonal cycle, with rapid fall and spring transitions of peak

precipitation between the hemispheres. Atmosphere and ocean changes with warming, as well as

associated shifts in SST structure, are examined using an analytic framework based on a tropical

energy balance model constructed from simple relationships between SST, mass transport, and

energy transport. The simplified simulations and analytic model used here have implications for

important features of tropical climate such as the double-ITCZ bias, monsoon onset, and changes

to the Hadley cells under greenhouse warming.
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SIGNIFICANCE STATEMENT: Predicting how the tropical climate will change as the Earth23

warms is a societally important challenge. However, relevant phenomena such as the Hadley cells,24

the tropical rain belt, and ocean energy transport are complex and difficult to understand. Here, we25

systematically study how the tropics change under warming using simplified coupled atmosphere-26

ocean simulations and an energy budget model. We find that in warmer climates, the tropical rain27

band becomes stronger, Hadley cells weaken, tropical surface temperature gradients weaken, and28

the seasonal cycle of the tropical rain band shrinks.29

1. Introduction30

The Inter-Tropical Convergence Zone (ITCZ) is associated with intense precipitation encircling31

the Earth near the equator. The position of the ITCZ, its zonal structure, and its seasonal cycle32

are difficult to understand and predict (Schneider et al. 2014), so it can be useful to simulate the33

ITCZ in simplified systems and slowly increase the complexity (e.g. Blackburn and Hoskins 2013;34

Blackburn et al. 2013; Donohoe et al. 2014b; Geen et al. 2019; Wu et al. 2021). To this end, we35

study tropical SSTs, the ITCZ, and its seasonal cycle in aquaplanet simulations with and without a36

dynamic ocean, as well as the response of these systems to warming.37

One of the simplest Earth-like systems used to study tropical dynamics is an atmospheric model38

coupled to a slab ocean (i.e., a fixed heat capacity surface that does not transport heat). Such39

simulations have been used to study the ITCZ in a variety of contexts, such as ITCZ shifts in40

response to imposed hemispheric asymmetries (Broccoli et al. 2006; Frierson and Hwang 2012;41

Kang et al. 2018) and the effect of the mixed layer depth on the seasonal cycle (Donohoe et al.42

2014b; Wang et al. 2019).43

A step towards a more realistic Earth system can be taken by either parameterizing ocean heat44

transport in slab ocean simulations or coupling the atmospheric model to a full ocean simulation.45

Ocean dynamics have been shown to have a significant effect on the ITCZ, such as by shifting the46

zonal and annual mean ITCZ to the north (Frierson et al. 2013; Marshall et al. 2014; Moreno-47

Chamarro et al. 2020) through the northward ocean heat transport of the Atlantic Meridional48

Overturning Circulation (Buckley and Marshall 2016). Furthermore, tropical ocean circulations49

(often parameterized as Ekman heat transport, Codron 2012) dampen ITCZ shifts through a50

coupling of atmospheric Hadley cells with the subtropical ocean cells (Green and Marshall 2017;51
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Kang et al. 2018; Green et al. 2019; Afargan-Gerstman and Adam 2020; Adam et al. 2023), and52

can push the ITCZ off the equator due to the cooling effect of equatorial upwelling (Bischoff and53

Schneider 2016; Adam 2021, 2023). Ocean dynamics have also been shown to weaken and widen54

the Hadley circulation by flattening SST gradients (Clement 2006; Hilgenbrink and Hartmann55

2018).56

There has been considerably less work on the seasonal cycle of the ITCZ in the presence of full57

ocean dynamics. However, some observations and simplified models indicate that when the ocean58

is active, there is a double ITCZ with a “see-saw response” over the seasonal cycle, in which the59

summer hemisphere ITCZ is stronger and the winter ITCZ is weaker (Zhao and Fedorov 2020;60

Adam et al. 2023).61

The response of the ITCZ to greenhouse gas induced warming has also received much attention62

in recent years (Frierson and Hwang 2012; Feldl and Bordoni 2016; Byrne et al. 2018), but mostly63

without considering the effect of ocean dynamics. In general, ITCZ precipitation is expected to64

intensify (Chou and Neelin 2004) with warming due to increases in low-level humidity. Meanwhile,65

the Hadley cells are expected to weaken and expand with warming (Levine and Schneider 2011;66

Lionello et al. 2024), while atmospheric poleward heat transport strengthens (Sobel and Camargo67

2011; Huang et al. 2017; Ma et al. 2018), possibly as a result of increased static stability (Chemke68

and Polvani 2021).69

Some research has been conducted on how ocean dynamics affects tropical climate under warming70

(Levine and Schneider 2011; Chemke 2021). It has been shown that 1. The weakening of the71

AMOC with warming will shift the ITCZ southward (Zhang and Delworth 2005), 2. The pattern72

of ocean warming causes an increase in ascent at the equator (Huang et al. 2017), and 3. Ocean73

circulation weakens the response of the Hadley cell to warming by reducing the increase in SST74

(Chemke and Polvani 2018). Studies exploring the role of ocean dynamics have often used75

parameterized ocean heat transport or full GCMs, yet a conceptual framework for understanding76

how a dynamic ocean interacts with tropical circulations and warming does not currently exist.77

Here we take a systematic approach to understanding how Earth’s tropics and the ITCZ change78

in response to warming with and without a dynamic ocean. We begin by studying an atmospheric79

model coupled to a slab ocean on an aquaplanet (labeled “slab”), and study how tropical climate80

and the seasonal cycle respond to warming. We find that in these simulations there is a strong,81

4



single, near-equator ITCZ which smoothly migrates north and south with the seasons. In warmer82

simulations, the Hadley circulation, and therefore the ascent in the ITCZ, is weaker, but precipitation83

is stronger due to large increases in surface specific humidity. In addition, the meridional extent84

of the seasonal cycle decreases with warming, associated with an increase in atmospheric heat85

capacity. When adding a dynamic ocean without any boundaries, ocean heat transport leads to86

an equatorial minimum of SST and, therefore, two off-equatorial ITCZs of which the summer87

hemisphere ITCZ is stronger. Ocean heat transport also adds to the poleward energy transport by88

the atmosphere, causing very flat SSTs in the deep tropics. The precipitation and SST minima89

on the equator weaken with warming, while the poleward ocean heat transport strengthens. We90

introduce a simple analytic energy balance model that explains these results by relating mass91

transport, energy transport, and SST gradients with or without ocean dynamics. We develop this92

analytic model in reference to the slab and dynamic ocean simulations, then apply it to a set of93

simulations with a single barrier to ocean flow.94

Our paper is organized as follows. In Section 2 we discuss the simulations used to study the95

tropical climate. In Section 3 we analyze each set of simulations and introduce an energy balance96

model to understand how tropical SSTs and Hadley Circulation change with warming. Finally,97

Section 4 summarizes our study and discusses its implications for more realistic systems and98

observations.99

2. Simulations Studied100

The simulations used in this work are run using the MITgcm (Marshall et al. 1997; Tuckman et al.101

2025) in coupled atmosphere-ocean configurations with no continents. Slab ocean simulations are102

run for 150 years, while dynamic ocean simulations are run for 750 years; data shown are averaged103

over the last 100 years of each simulation. The grid used is a cubed sphere with approximately104

2.8◦ resolution for both the atmosphere and the ocean (Adcroft et al. 2004). The atmosphere has105

26 vertical levels and idealized moist physics, a gray radiation scheme (Frierson et al. 2007), and106

water vapor feedback on longwave optical thickness (Byrne and O’Gorman 2013). There are no107

clouds and no shortwave absorption or reflection in the atmosphere. The albedo is thus equal to108

the prescribed surface albedo and is symmetric about the equator. The model has a seasonal cycle109

of insolation appropriate for a circular orbit with obliquity 23.45◦. We run seven simulations in110
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which the longwave absorption coefficient of CO2 is varied in the gray radiation scheme, resulting111

in a ∼ 3 K increase in tropical mean temperature between each simulation (Tuckman 2025). These112

experiments are labeled from 1 to 7, with the temperature increasing from 1 to 7. The slab ocean113

simulation with index 4 has the most earth-like tropical temperatures (average SST from 20◦S to114

20◦N is 27◦C).115

The slab ocean configuration has a mixed-layer depth of 18m, but simulations were run with116

12m and 24m without change to the qualitative results (see Donohoe et al. 2014b, for a discussion117

of the effect of mixed-layer depth). In our dynamic ocean simulations, the ocean has 15 vertical118

levels with a uniform depth of 3.4 km and no continental boundaries.119

Fig. 1 shows an overview of precipitation, SST, and tropical circulations from the simulations120

with Earth-like tropical temperatures (warming index 4). The slab ocean simulation is zonally121

symmetric, has maxima SST and precipitation on the equator, and has Hadley cells consisting of122

ascent on the equator and descent in the subtropics. The dynamic ocean simulation has two maxima123

of precipitation and SST, both slightly off the equator. Furthermore, the ascending branches of124

the Hadley cells are slightly off the equator in the lower troposphere, and there is an anti-Hadley125

circulation in the deep tropics. There are also oceanic subtropical cells extending deep into the126

ocean interior with upwelling on the equator.127
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Fig. 1. Summary of our reference simulations (warming index 4), corresponding to present-day Earth-like

tropical temperatures. The left-most panels show the zonal-mean precipitation and SST from the slab (dashed)

and dynamic ocean (solid) configurations, the left globes show quantities from the slab ocean configuration, and

the right globes show quantities from the coupled atmosphere-ocean configuration. The top row shows annual

mean precipitation, the second row annual mean SST, the third row the atmospheric mass transport overturning

streamfunction (positive indicates clockwise flow), and the bottom row the overturning streamfunction in the

ocean. Contour lines in the streamfunction plots are placed at intervals of 25×109 kg/s, with solid lines indicating

positive values and dashed lines negative values.
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3. Simulated Tropical Circulations Under Warming136

a. Slab Ocean Simulations137

In this section, we discuss tropical climate, the ITCZ, and their response to warming in slab ocean138

simulations. Fig. 2 shows how several annual mean quantities change as more longwave radiation139

is absorbed in the atmosphere and the simulations become warmer (blue lines to red lines). In all140

simulations, annual mean precipitation has a single peak on the equator (a), and this peak increases141

in amplitude as temperature increases. Sea surface temperatures (b) also have a single peak on the142

equator, and as the simulations warm, this peak flattens, with the drop in sea surface temperature143

between the equator and 15◦ N being largest in the cold simulations and smaller in the warmer144

simulations (Burls and Fedorov 2014, 2017).145

The Hadley cells, two examples of which are shown in panels c (simulation index 2) and d146

(index 6), become weaker, taller, and slightly wider in warmer simulations. The weakening of the147

circulation can also be seen in the 500 hPa vertical velocity (panel e). There is always ascent at148

the equator and descent in the subtropics, but the amplitude of vertical velocities is much greater149

for the cold simulations than for the warm simulations. Despite the weaker ascending motion,150

precipitation increases under warming (panel a); this can be explained by looking at low level151

humidity (panel f). The increase in humidity and, therefore, condensable water vapor, is a larger152

effect than the weakening of ascent, leading to an overall increase in precipitation (Held and Soden153

2006). This humidity also leads to more condensation during deep convection and taller Hadley154

cells (compare panels c and d), increasing the tropopause height (panel g, calculated as the height155

at which the Hadley streamfunction drops below 10% of its maximum value at that latitude, Santer156

et al. 2003a,b; Levine and Schneider 2011). The taller Hadley cells have a larger energy difference157

between their equatorward surface flow and poleward high-altitude flow, which we represent with158

the Gross Moist Stability (GMS), defined as the difference in average tropical energy between159

the surface and the tropopause. The increase in GMS means that the Hadley cells export more160

energy from the deep tropics (panel h), despite a weakening of the overturning circulation. Finally,161

this change in horizontal atmospheric heat transport must be balanced by a change in net top of162

atmosphere radiation to close the energy budget, as shown in panel i.163
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Fig. 2. The effect of warming (blue coldest, red warmest) in the slab ocean simulations on: (a) precipitation,

(b) SST, (c-d) Hadley circulation streamfunctions from cold (index 2) and warm (index 6) simulations, (e) vertical

velocity at ∼ 500 hPa, (f) near-surface specific humidity, (g) tropopause height, (h) atmospheric heat transport,

and (i) net TOA radiation, with positive indicating energy entering the atmosphere.

164

165

166

167

Energy Balance Model168

Fig. 2 shows that many aspects of tropical climate change with warming, and it can be difficult169

to disentangle cause and effect. Therefore, we formulate a simple energy balance model to help us170

understand the response of the system to warming. The variables of interest are vertically integrated171

atmospheric heat transport (AHT), the atmospheric mass streamfunction (𝜓𝐴), the SST, and the172

top-of-atmosphere outgoing longwave radiation (OLR). Each of these quantities is a function of173

𝑦 ≡ sin(latitude), and steady state is assumed. The complete system is as follows:174
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𝜓𝐴 = −𝛼 𝑑

𝑑𝑦
SST, (1a)

OLR = 𝐵outSST+ 𝐴out, (1b)

AHT = GMS𝜓𝐴, (1c)
𝑑

𝑑𝑦
AHT+OLR = NSR. (1d)

where the net top-of-atmosphere solar radiation is NSR(𝑦) and GMS is the Gross Moist Stability175

of the Hadley circulation. We now discuss each equation in turn.176

Eq. 1a relates the mass transport 𝜓𝐴 to the SST gradient through a positive constant 𝛼. As SST177

peaks at the equator, the streamfunction will be negative in the southern hemisphere and positive in178

the northern hemisphere. In Fig. 3a we plot the decrease in SST from the equator to 25◦N against179

the magnitude of the streamfunction (i.e., 𝜓𝐴), taken to be half of its maximum value as a proxy for180

its average in the region. We see that mass transport is roughly linear in SST difference, confirming181

that 𝛼 can be treated as a constant across our simulations. Note that the physical mechanism behind182

this relationship is complex, as the strength of the Hadley circulation depends on several factors.183

Recent literature has indicated that 𝜓𝐴 is at least partly driven by eddy momentum fluxes from the184

extratropics (Walker and Schneider 2006; Levine and Schneider 2011), which in turn depends on185

several quantities, including atmospheric available potential energy. This mechanism is discussed186

in Appendix A, where it is shown that our simulations are consistent with this theory. Here, we187

assume that Hadley circulation strength is linear in the local SST gradients (which is consistent188

with the GCM results) to allow for an analytically solvable system. It should be noted that this189

qualitative connection between temperature gradients and Hadley circulation strength appears to190

hold in more realistic models (at least in the Northern Hemisphere, D’Agostino et al. 2017), and is191

consistent with the dual predictions of 1. polar amplified warming (Rantanen et al. 2022; England192

and Feldl 2024) and 2. weakening of the Hadley circulation with warming (Hu et al. 2018; Lionello193

et al. 2024).194

Eq. 1b states that the amount of longwave radiation that escapes to space is proportional to200

SST with a constant offset, as is commonly assumed in energy balance models (Rose and Marshall201

2009; Koll and Cronin 2018). The constant offset, 𝐴out, changes across our simulations due to202
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Fig. 3. Energy balance model assumptions and predictions compared to simulations: (a) the relationship

between SST decrease between the equator and 25◦ N and mass transport along with a linear fit (b) the

relationship between OLR and SST, (c) the increase in Gross Moist Stability (GMS) as the models become

warmer (see table 1), (d) the simulated (dots), predicted (solid lines) and best fit (dashed lines) of SST for each

simulation (blue is coldest, red is warmest). Here y is sin of latitude.

195

196

197

198

199

greenhouse warming and can be diagnosed from them, while 𝐵out is taken to be the same across203

climates. The relationship is tested in Fig. 3b, where a fit is performed poleward of the latitude of204

the maximum OLR. The slope of the lines gives 𝐵out and the intercept gives 𝐴out. The resulting205

fit is not good in the deep tropics (data points with high SST and negative slope) or in the coldest206

areas but is acceptable in the tropics. The reason for the large discrepancies in some areas is207

differences in humidity: an improved linear model for OLR based on SST and total column water208

can be constructed (not shown) but would require a prediction of the humidity field and so is not209

employed here.210
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Eq. 1c assumes that AHT is the product of 𝜓𝐴 and Gross Moist Stability (GMS), where GMS211

is calculated as the difference in MSE between the tropopause and the surface. Note that this212

assumption fails when the eddy transport is significant or there are shallow and deep circulations at213

the same latitude (Neelin and Held 1987). The GMS can be defined in various ways (e.g. Raymond214

et al. 2009; Yu et al. 1998; Inoue and Back 2017); the simple form chosen in equation 1c has been215

used previously (Held 2001; Czaja and Marshall 2006) and is the most intuitive. In Fig. 2 it was216

shown that the tropopause height increases with warming; this leads to a ∼ 80% increase in GMS217

between the coldest and warmest simulations, mainly due to an increase in the geopotential height218

of the tropopause (Fig. 3c, when calculating GMS the tropopause is defined as the largest pressure219

where |𝜓 | < 20× 109 kg/s). Here, we assume that GMS is constant with latitude throughout the220

Hadley cells, which is not precisely true. Allowing GMS to vary as a function of 𝑦 can be included221

in the model and does not significantly change the predicted SST; this is discussed in Appendix222

B. Additionally, it is important to note that the vertical structure of the Hadley cells may change223

with warming, implying that the simplified GMS parameter used here may not capture the full224

relationship between energy transport and mass transport.225

Eq. 1d simply states that there is a balance between energy transport, longwave radiation, and226

net solar radiation, ensuring that energy is conserved.227

The complete system comprises four equations with four unknowns, and can therefore be trans-228

formed into a single equation for SST using equations 1a and 1c to replace AHT in the last equation229

and 1b to replace OLR. This gives:230

−𝐶𝐴𝜅𝐴
𝑑2

𝑑𝑦2 SST+𝐵outSST = NSR− 𝐴out (2)

where231

𝜅𝐴 ≡ 𝛼GMS/𝐶𝐴 (3)

is an atmospheric horizontal diffusion coefficient and 𝐶𝐴 is the effective heat capacity of the232

atmospheric column, or the change in energy of the column corresponding to a one degree change233

of SST.234

Eq. 2 summarizes atmospheric heat transport in terms of a single mixing coefficient 𝜅𝐴. At-235

mospheric heat transport mixing SST gradients is a common assumption in tropical dynamics236
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(Craig and Mack 2013; Hottovy and Stechmann 2015; Ahmed and Neelin 2019; Siler et al. 2018);237

previous work (e.g., Hwang and Frierson 2010) often assumes that 𝜅𝐴 is constant, but here we238

allow it to change as the atmosphere warms.239

Relevant solutions to Eq. 2 can be found by prescribing the forcing as NSR ≡ 𝑆0 cos(𝑦/𝐿𝑠),240

where 𝑆𝑂 is the solar constant and 𝐿𝑠 is a solar radiation length scale, then setting 𝑑SST/𝑑𝑦 = 0 at241

the equator:242

SST = SST0 cosh (𝑦/𝜆) + 𝑆0
𝐵out

cos (𝑦/𝐿𝑠)
1+𝜆2/𝐿2

𝑠

− 𝐴out
𝐵out

, (4)

where the dynamical length-scale 𝜆 is given by:243

𝜆 ≡
√︁
𝐶𝐴𝜅𝐴/𝐵out =

√︁
𝛼GMS/𝐵out (5)

and SST0 is a constant which can be determined by fitting our solutions to the value of SST at the244

equator. The parameter 𝜆 appears in energy balance models (see, e.g., Rose and Marshall, 2009) as245

the scale over which dynamics (represented by 𝜅𝐴) smooth out temperature gradients on a radiative246

timescale (𝐶𝐴/𝐵out).247

The three terms of Eq. 4 represent the factors that control SST. The third term, 𝐴out/𝐵out, does248

not depend on latitude and represents the uniform warming caused by increasing the longwave249

optical thickness of the atmosphere (i.e., the greenhouse effect decreases 𝐴out and uniformly warms250

the surface). The second term is directly forced by sunlight, causing warmer SSTs at the equator251

and cooler SSTs when |𝑦 | grows. This term is slightly modulated by dynamics through the 𝜆 in the252

denominator, but this effect does not depend on latitude. The first term, meanwhile, controls how253

the SST gradient changes with warming, as 𝜆, which depends on GMS, sets the length scale of the254

hyperbolic cosine. This term increases with 𝑦, as atmospheric heat transport moves energy away255

from the equator and towards the poles, i.e., atmospheric dynamics cool the equator and warm256

the extratropics. Fig. 2 showed that the Hadley cells become deeper with warming, indicating257

an increase in GMS. According to Eqs. 4 and 5, this increase in GMS will decrease the relative258

importance of sunlight (due to 𝜆 being in the denominator of the second term) making atmospheric259

heat transport more important. As the AHT term increases away from the equator, the resulting260

SST curve will be flatter.261
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Table 1. Key quantities and predictions from the energy balance model diagnosed from the seven atmospheric

warming experiments coupled to a slab ocean. Quantities are calculated as described in the main text (averaged

within 25◦ of the equator), while 𝐶𝐴 is calculated as the slope of the line of best fit between the zonal mean

tropical column integrated atmospheric energy and SST. The variables 𝐴out and GMS are defined in equations

1b and 1c, 𝜅𝐴 and 𝐶𝐴 are defined in equations 2 and 3, while SST0 and 𝜆 are defined in equations 4 and 5.

273

274

275

276

277

Simulation
Number

𝐴out
(W/m2)

GMS
(kJ/kg)

𝜅𝐴𝐶𝐴

(1013 W/K)
𝐶𝐴

(106 J/m2 K)
𝜅𝐴

(106 m2/s)
Predicted

𝜆
Predicted

SST0
Fitted
𝜆

Fitted
SST0

1 -175 11.5 3.59 8.20 4.37 0.74 82.7 0.50 40.5
2 -186 12.7 3.96 10.5 3.76 0.78 84.2 0.56 49.1
3 -196 13.7 4.26 13.3 3.21 0.81 84.4 0.62 55.9
4 -206 14.8 4.62 16.5 2.79 0.84 84.7 0.68 61.9
5 -215 16.1 5.01 20.7 2.42 0.87 85.4 0.74 67.4
6 -223 17.1 5.34 25.9 2.06 0.90 86.2 0.79 72.9
7 -230 18.5 5.77 31.6 1.82 0.94 87.6 0.85 78.3

We can test our analytic model in two ways: 1. by fitting our expression, Eq. (4), to the simulated262

SST profiles by adjusting 𝜆 and SST0 and 2. by predicting 𝜆 from Eq. (3) based on the diagnostics263

of 𝛼, GMS, and 𝐵out. The results of both are shown in Fig. 3d. We see that the fitted model264

matches SSTs almost exactly and the predicted model does reasonably well, but is not perfect.265

Specifically, the predicted model correctly shows an increase in 𝜆 with warming, but the predicted266

𝜆 is generally too large and changes across the simulations are somewhat too small, resulting in a 𝜆267

that is significantly too high for the cold simulations. Allowing GMS to vary with latitude makes268

the SST predictions for the coldest simulations slightly more accurate, but does not allow analytical269

solutions (Appendix B). The relevant constants are calculated as 𝐵out = 1.5 W/m2/K, 𝛼 = 2.2×109
270

kg/S/K, 𝐿𝑠 = 0.65, and 𝑆0=333.2 W/m2; 𝐴out, GMS, 𝜅𝐴, 𝐶𝐴, the length scales, and the SST0 values271

are shown in Table 1.272

The quantities in Table 1 allow us to interpret the change in SST with warming through changes278

in 𝛼GMS or 𝜅𝐴𝐶𝐴 (these are equal to each other, Eq. 3). As discussed above, GMS increases279

with warming while 𝛼 remains constant, leading to an increase in the length scale. Physically,280

the temperature gradient decreases, slowing the Hadley circulation. However, the Hadley cells281

transport more energy due to the increasing energy difference across them (i.e., increasing GMS,282
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Hwang and Frierson 2010). Importantly, as 𝛼 is constant and 𝜆 ∼
√
𝛼GMS, GMS alone controls the283

SST decrease away from the equator in this system. The implication is that even as the Hadley cell284

weakens with warming due to a flattening SST gradient, that effect cannot prevent the smoothing285

of SST by increased heat transport.286

Another way to view the same phenomenon is that 𝐶𝐴 increases very quickly with warming287

(Table 1, Cronin and Emanuel 2013), indicating that each parcel of air moving through the Hadley288

circulation transports more energy. However, the diffusivity decreases because of the slower289

overturning of mass in the Hadley cells.290

In summary, warming a slab ocean system increases precipitation rates and atmospheric heat291

transport while weakening SST gradients and the Hadley circulation. The strengthening of heat292

transport, which leads to weaker SST gradients despite a weakening Hadley circulation, is a293

consequence of an increase in GMS, making the atmosphere more efficient at transporting energy294

away from the equator.295

The Seasonal Cycle296

We now turn to the seasonal cycle of the ITCZ in the slab ocean simulations. Fig. 4a and b297

show precipitation as a function of latitude and month for simulation warming indices 2 (a) and 6298

(b). Both have strong, clearly defined single ITCZs that move smoothly north and south during the299

seasonal cycle. The main differences are that the warmer simulation has 1. more precipitation and300

2. less movement of the ITCZ, reaching only 3◦N, while the colder simulation reaches 4.7◦N. This301

trend of warmer simulations having a smaller seasonal cycle is generally true (panel c), but is a302

large effect only for the warmer simulations. The four coldest simulations have ITCZ seasonalities303

of around 4.5-5◦ while the warmer ones have smaller amplitudes (panel d). This shrinking of304

the seasonality of the ITCZ position follows the seasonality of the near-surface MSE maximum305

(squares, panel d), consistent with convective quasi-equilibrium (Emanuel et al. 1994; Emanuel306

2019). In other words, if we can understand what sets the latitude of the MSE maximum, the extent307

of the seasonal migration of the ITCZ will follow.308

Assuming that the annual mean MSE peak is on the equator, the seasonality of the MSE maximum316

will depend principally on the annual mean decrease in MSE away from the equator. If MSE is317

very flat in the annual mean, then it will be easy for the MSE maximum, and therefore the ITCZ,318
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Fig. 4. The seasonal cycle of ITCZ position in the slab ocean simulations. Precipitation as a function of latitude

and month in the second coldest and second warmest simulations are shown in a and b, and the ITCZ position is

highlighted with an orange line. The seasonal cycle of ITCZ position is shown for all slab ocean simulations in

panel c. Panel d shows the maximum ITCZ position and the northernmost position of the near-surface (∼ 975

hPa) MSE maximum. Panel e shows the annual mean MSE decrease away from the equator. Panels f and g show

the relationship between MSE and SST, in absolute terms for all simulations (f, within 20◦ of the equator) and as

a difference from the equator in simulations 2 and 6 (g).
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to reach far away from the equator in a solstitial season. However, if MSE is very sharply peaked,319

then the ITCZ will be stuck near the equator year-round. Note that this assumes that the energy320

input to the system does not change with warming, which is mostly true because solar insolation is321

constant across the simulations.322

We show the annual mean MSE gradient in Fig. 4e. Interestingly, the MSE gradient steepens323

with warming, unlike the previously discussed SST gradient. These are not inconsistent because324

the heat capacity of a parcel of air, i.e., the change in MSE per degree temperature increase,325

rises rapidly with warming. Therefore, the same change in SST can imply a larger change in326

near-surface MSE (panel f) in warmer simulations. This is due to the exponential relationship327
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between temperature and water content (at constant relative humidity, i.e., the Clausius-Clapeyron328

relation, Clapeyron 1834). In other words, a given change in SST corresponds to a larger change329

in humidity, and therefore MSE, in a warmer climate. This is shown explicitly for the second and330

sixth simulations in panel g. As we move away from the equator, both SST and MSE decrease331

(down and left). In the warmer simulation, SST decreases more slowly with latitude; e.g., at 9◦N332

the cold simulation SST changed by approximately 1.5◦C, while the warm simulation SST has333

changed by only 1◦C. However, as the heat capacity of the warm simulation is greater, this smaller334

change in SST corresponds to a larger change in surface MSE (-3.5 kJ/kg instead of -3). Therefore,335

the warmer simulations have steeper MSE gradients, keeping the ITCZ near the equator. In other336

words, the higher heat capacities of warmer systems make it harder to overcome the annual mean337

energy gradients, so the ITCZ seasonality shrinks with warming. Note that the MSE gradients338

being larger in warmer simulations is also consistent with the diffusion of energy in the system339

decreasing, as discussed in the previous section (i.e., 𝜅𝐴 decreasing).340

In summary, a system with full atmospheric dynamics but no active ocean has a strong, single341

ITCZ that migrates smoothly over the seasonal cycle. When the system warms, the SST gradients342

flatten, the Hadley cells weaken, the ITCZ strengthens, and the amplitude of the seasonality of the343

ITCZ shrinks. Elements of these changes have been discussed previously (e.g., Gastineau et al.344

2009; Ma et al. 2018; Judd et al. 2024), we have here explained how these changes fit together and345

can be viewed as being driven by thermodynamic changes.346
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b. Dynamic Ocean Simulations347

In this section, we discuss simulations with a full dynamic ocean but no continental boundaries.348

We begin by comparing the annual mean climate of a dynamic ocean simulation to that of a349

slab ocean simulation at Earth-like temperatures (Fig. 5). The SST in the slab ocean simulation350

(dashed line, panel a) peaks at the equator and decreases towards the poles; features do not depend351

strongly on slab ocean depth (not shown, verified in simulations with slab ocean depths up to352

500m). The dynamic ocean SST (solid line), on the other hand, is much flatter in the deep tropics353

(within ±15◦) and has a minimum at the equator. This has a dramatic effect on the annual mean354

precipitation (panel b): the slab ocean simulation has a large single-peak ITCZ corresponding to355

its SST maximum on the equator, but the dynamic simulation has two much smaller peaks about356

seven degrees off the equator in each direction. This precipitation difference is a manifestation of357

changes in the Hadley circulation, shown in panel c. In the slab ocean case (Fig. 1), there is ascent358

throughout the troposphere above the equator and the streamfunction has a magnitude of ∼150359

×109 kg/s. In the dynamic ocean simulation (Fig. 5c), on the other hand, the magnitude of the360

streamfunction is of order ∼75 ×109 kg/s, and there is a small anti-Hadley circulation in the lower361

troposphere at the equator. This anti-Hadley circulation, driven by the SST minimum at the equator,362

has previously been discussed with respect to idealized simulations (Bischoff and Schneider 2016;363

Adam 2021, 2023) and theories of tropical energy transport (Bischoff and Schneider 2016; Adam364

et al. 2016; Adam 2023), and can be observed in the region of the cold tongue of the East Pacific365

(especially in Southern Hemisphere summer and fall, Adam et al. 2018).366

The root cause of this SST structure is the subtropical cells of the ocean (streamfunctions in373

panel d). The equatorward surface winds associated with the Hadley cells lead to trade winds, or374

surface tropical easterlies, shown in a schematic in panel e. These easterlies drive ocean flow in the375

Ekman layer perpendicular to the direction of the wind, leading to poleward surface currents in the376

tropics. The water moved poleward by the surface current is replaced through upwelling, cooling377

the surface water at the equator, and causing an SST minimum (panel a). These surface Ekman378

currents also carry energy poleward; the ocean (dashed dotted line) and atmosphere (solid) heat379

transports are shown in panel f, where they are compared to the slab ocean heat transport (dashed).380

We see that in the deep tropics, the atmospheric energy transport is close to zero, and the ocean381

heat transport nearly exactly matches the atmosphere heat transport from the slab ocean case. In382
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Fig. 5. A comparison of the slab (dashed) and dynamic ocean (solid) simulations (warming index 4, i.e., Earth-

like temperatures). The following quantities are plotted as a function of latitude in the tropics: zonal and annual

mean (a) SST, (b) precipitation, (c) Hadley cell streamfunctions, (d) ocean subtropical cell streamfunctions, (e) a

schematic of the tropical circulations, (f) heat transport in the atmosphere and ocean, and (g) net TOA radiation.

In the schematic, circles with a cross indicate winds into the page, while curved rectangles represent circulations

in the directions indicated.
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the subtropics, both atmospheric and ocean heat transports are important, and in the extratropics,383

atmospheric heat transport is dominant (Held 2001; Czaja and Marshall 2006). The excess total384
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energy transport away from the equator in the dynamic ocean simulation is balanced by a change385

in the top of atmosphere net radiation, shown in panel g.386

Overall, Ekman transport driven by the trade winds associated with the Hadley cells causes387

equatorial upwelling when a dynamic ocean is included in the simulation. This creates SST and388

precipitation minima at the equator, leading to a small anti-Hadley circulation and a double ITCZ389

in the annual mean.390

The impact of a dynamic ocean on atmospheric circulation changes as we warm (or cool) the391

system. Fig. 6 shows how the relevant quantities change, starting with precipitation (panel a). As392

in the slab ocean case, precipitation increases with warming, but the overall structure remains the393

same, with two peaks a few degrees off the equator in each direction. The gradient of SST (b) once394

again flattens with warming, i.e. the difference between the maximum SST and extratropical SST395

decreases with warming. The equatorial SST minima also become shallower with warming as the396

atmosphere becomes more efficient at smoothing out SST gradients, until in the warmest cases it397

is almost nonexistent.398

The SST changes with warming have the expected impacts on the Hadley cells, as colder403

simulations (panel c) have much stronger anti-Hadley cells than warmer simulations (panel d) and404

vertical velocity weakens with warming (panel e). As before, precipitation increases because the405

enhanced humidity (panel f) is enough to overcome the decrease in vertical velocity.406

Despite a weakening of vertical velocities, the horizontal surface winds associated with the407

Hadley cells actually strengthen with warming (panel g). This is not inconsistent, as the width of408

the Hadley cells also increases. Zonal-mean mass conservation in the atmosphere can be written409

as 𝑑𝜔/𝑑𝑝 = −𝑑𝑣/𝑑𝑦, where 𝑣 is the meridional surface wind. Although the amplitude of the410

left-hand side decreases with warming, 𝑑𝑦 increases because the anti-Hadley cells are shrinking.411

This allows 𝑣 to increase, despite weakening of vertical mass transport. As the Coriolis effect412

remains the same, the zonal wind (panel g) also strengthens. These trade winds then drive ocean413

circulation, causing the poleward flow of the surface ocean to strengthen with warming (panel h).414

As in the slab ocean simulation, atmospheric heat transport increases with warming (panel i)415

due to the heightening of the tropopause (compare panels c and d). The ocean heat transport also416

increases with warming (panel j), due to the increasing horizontal surface winds. This means that417

the overall equator-to-pole energy transport of the coupled system increases rather rapidly with418
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Fig. 6. Similar to Fig. 2, but for the dynamic ocean simulations indices 1, 3, 5, and 7. The quantities shown

are (a) precipitation, (b) SST, (c-d) two sample Hadley cell streamfunctions, (e) vertical velocity at ∼ 500 hPa, (f)

near-surface specific humidity, (g) near-surface zonal wind, (h) near-surface meridional current, (i) atmospheric

heat transport, (j) ocean heat transport, and (k) net radiation.
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warming. This is compensated by a change in net radiation (panel k) as top-of-atmosphere OLR419

decreases due to increasing longwave optical thickness.420

Energy Balance Model With an Ocean421

In order to apply our analytic model to dynamic ocean simulations, we must develop an expression422

for ocean heat transport (OHT). Similarly to atmospheric heat transport, OHT can be defined as the423
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product of a gross moist stability (GMSO) and an overturning streamfunction (𝜓O), where GMSO424

is the difference in energy between the top and bottom of the circulation, assumed here to be at the425

surface and 1000m, respectively. As the specific heat of water (≈ 4000 J/kg K) is roughly constant,426

GMSO is proportional to the temperature difference between the surface and the bottom of the427

circulation. We therefore write:428

OHT = 𝜓OGMSO = 𝜓O𝑐𝑝
(
𝑇sfc −𝑇depth

)
(6)

where 𝑐𝑝 is the specific heat of seawater.429

If we assume that the movement of water below the surface is adiabatic, then this vertical430

temperature difference is equivalent to a horizontal temperature difference across the circulation431

(Held 2001). This can be understood by tracking a parcel of water through a subtropical cell: water432

rises at the equator, is heated by the sun but cooled by the atmosphere when on the surface, and433

then descends in the subtropics. During the return from the subtropics to the equator at depth, there434

are no major sources or sinks of energy, so the parcel’s temperature remains constant. In other435

words, GMSO depends on a meridional temperature difference, because the water at the bottom of436

the subtropical cell has its properties set at the surface when it sinks. We can therefore write:437

OHT = 𝜓O𝑐𝑝 (SSTmax −SSTET)

= −𝜓O𝑐𝑝Δ𝑦
𝑑SST
𝑑𝑦

.
(7)

where SSTmax−SSTET is the difference in SST between its maximum and the extratropics andΔ𝑦 is438

the distance between these SST values. For our purposes, the extratropical SST is measured at the439

latitude where the near-surface ocean streamfunction goes from positive to negative in the northern440

hemisphere. We can also replace the ocean streamfunction with its driver, the near-surface zonal441

wind. The subtropical cells are controlled by surface winds, so we will assume that 𝜓𝑂 = −𝛽𝑈atm,442

where 𝛽 is a positive constant and 𝑈atm is the average near-surface zonal wind between the equator443

and 35◦N (negative in the simulations studied). This assumption is supported by our simulations:444

𝜓𝑂 and𝑈atm are very strongly correlated (Fig. S1). Note that one might assume that 𝜓𝑂 ≈ 𝜓𝐴 (Held445
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2001), but that relationship does not hold in the simulations studied here likely due to momentum446

transport by synoptic eddies being non-negligible in the region studied.447

Our final expression for ocean heat transport is therefore:448

OHT = 𝑐𝑝𝛽𝑈atmΔ𝑦
𝑑SST
𝑑𝑦

(8)

where 𝛽 = 12.5× 109 kg/m and 𝑐𝑝 = 4000 J/kg K are constants. This suggests that OHT can now449

be viewed as a diffusive process, i.e.:450

OHT = −𝜅O𝐶O
𝑑SST
𝑑𝑦

(9)

where 𝐶𝑂 is the heat capacity of 1000m of water (4 ×109 J/m2K), and 𝜅O is an ocean diffusivity451

given by:452

𝜅O ≡ −𝛽𝑈atm
𝑐𝑝

𝐶𝑂

Δ𝑦 (10)

Note that the above does not imply that changes in OHT with warming can be predicted from453

only the meridional gradient of SST, since 𝜅O is not a constant. Instead, the meridional extent454

of the subtropical cells and the near-surface wind speed change; in this model, these changes are455

included in 𝜅O.456

Using this expression, we can incorporate OHT into the energy budget equation by replacing457

𝜅𝐴𝐶𝐴 with 𝜅𝐴𝐶𝐴 + 𝜅𝑂𝐶𝑂:458

− (𝐶𝐴𝜅𝐴 +𝐶𝑂𝜅𝑂)
𝑑2

𝑑𝑦2 SST+𝐵outSST = NSR− 𝐴out (11)

which allows us to identify an ocean length scale 𝜆𝑂 =
√︁
𝜅O𝐶O/𝐵out and a coupled length scale:459

𝜆𝑐 =

√︂
𝜅𝐴𝐶𝐴 + 𝜅O𝐶O

𝐵out
. (12)

This formulation can also be used to calculate a coupled diffusivity such that 𝜅𝐶 × (𝐶𝐴 +𝐶𝑂) =460

𝜅𝐴𝐶𝐴 + 𝜅O𝐶O.461
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Fig. 7. Comparing the prediction from our energy balance model to dynamic ocean simulations. The left

panel shows the predicted atmosphere, ocean, and coupled length scales, as well as the fitted length scale to the

aquaplanet simulation SSTs. The right panel shows the simulated SST as a function of latitude (scatterplot), the

predicted coupled SST (solid lines), and the best fit SSTs (dashed).
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We compare these predicted atmosphere and ocean quantities to our simulations in Fig. 7. As462

in the case of the slab ocean, the atmospheric length scale (left panel, green line) increases with463

warming due to an increase in gross moist stability (since 𝛼 and 𝐵out are constants). If our analytic464

model was not modified to take into account ocean heat transport, this would be the prediction465

for SST length scale, and would be far off from that found in the coupled simulations (dashed466

black line). The oceanic length scale (orange line) is similar to that of the atmosphere and also467

increases with warming. The combined growth of atmospheric and oceanic length scales causes468

the predicted coupled length scale (solid black line) to increase by almost a factor of 2 between469

the coldest and warmest simulations. This is in general agreement with the simulated SST length470

scale, as it also increases rapidly with warming. We can also test our idealized model by directly471

comparing predicted and simulated SSTs (right panel). Both the fit and the predicted SSTs match472

the simulations very well. However, they fail to capture the equatorial minimum because our model473

does not include localized upwelling on the equator.474

We can understand the changes in the length scale by looking at the relevant quantities for the479

coupled model (Table 2). As in the case of the slab ocean, atmospheric GMS and heat capacity480
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increase rapidly with warming, while mass transport and diffusivity decrease slowly. The net result481

is that the atmospheric heat transport and length scale increase with warming. In the ocean, the482

heat capacity is assumed to be constant, but the strength of the overturning cell (𝜓𝑂) and its width483

(Δ𝑦) both increase with warming, leading to a large increase in the predicted ocean diffusivity484

(𝜅O). The strength of the overturning cell is, in turn, driven by 𝑈atm, which is greater in warmer485

climates as the Hadley cell widens (compare Fig. 6c and d). This increases the ocean length486

scale, leading to a very fast increase in the predicted coupled heat transport and length scale with487

warming. The model prediction is in approximate agreement with the simulations, in which we488

also see an increase in coupled diffusivity and the SST length scale.489
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Table 2. Key quantities diagnosed from our dynamic ocean simulations. Quantities are calculated as described in the text and averaged over the

tropics, except 𝜓𝑂 which is averaged over the top 200m of the ocean from 15 to 40◦N to smooth out numerical noise and 𝛼 is taken to be the same value

as in the slab ocean simulations.
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Atmosphere Ocean Coupled Prediction Coupled Fit

Simulation Index GMS𝐴

(kJ/kg)
𝜓𝐴

(109 kg/s)
𝜅𝐴𝐶𝐴

(1013 W/K)
𝐶𝐴

(106 J/m2 K)
𝜅𝐴

(106 m2/s) 𝜆𝐴
GMS𝑂

(kJ/kg)
𝜓𝑂

(109 kg/s)
𝑈atm
(m/s) Δ𝑦

𝜅𝑂𝐶𝑂

(1013 W/K)
𝜅𝑂

(103 m2/s) 𝜆𝑂
𝜅𝐶𝐶𝐶

(1013 W/K)
𝜅𝐶

(103 m2/s) 𝜆𝐶
𝜅𝐶𝐶𝐶

(1013 W/K)
𝜅𝐶

(103 m2/s) 𝜆𝐶

1 7.4 65.1 2.3 8.8 2.6 0.59 60.1 13.7 -0.7 0.38 2.4 6.0 0.61 4.0 9.0 0.78 3.4 8.5 0.72

2 12.0 62.9 3.7 12.2 3.1 0.76 64.5 21.0 -1.2 0.44 3.2 8.0 0.70 6.8 17.0 1.02 4.9 12.1 0.86

3 15.7 54.0 4.9 15.7 3.1 0.86 62.9 20.9 -1.3 0.48 3.5 8.8 0.73 8.5 21.2 1.14 5.9 14.7 0.95

4 16.3 59.5 5.0 20.2 2.5 0.88 62.2 19.7 -1.3 0.49 3.7 9.4 0.76 8.8 21.9 1.16 6.8 16.9 1.02

5 16.5 56.0 5.1 27.9 1.8 0.88 63.6 23.6 -1.6 0.49 4.6 11.6 0.84 9.7 24.2 1.22 8.7 21.6 1.15

6 17.6 55.6 5.5 35.2 1.6 0.91 66.5 27.5 -1.9 0.49 5.4 13.4 0.90 10.9 27.1 1.29 10.6 26.4 1.27

7 19.4 53.1 6.0 41.9 1.4 0.96 69.8 31.4 -2.2 0.53 6.5 16.3 1.00 12.9 32.1 1.41 12.6 31.1 1.38
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Fig. 8. The simulated SST (a) and heat transports (b-c) in the slab ocean (dashed) and dynamic ocean (solid)

simulations. Panel b shows the total coupled heat transport, while panel c shows the atmospheric and ocean heat

transport from the dynamic ocean simulations. Panel a shows all seven simulations, while panels b and c plot

only odd-numbered simulations for ease of viewing.
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In summary, ocean dynamics create a slight equatorial minimum of SST and smooth the tropical493

SST gradient by moving energy away from the equator (Fig. 8a). This heat transport, just as494

with atmospheric heat transport, can be represented as a diffusive process which strengthens with495

warming. As the system warms and diffuses temperature away from the equator more effectively,496

the equatorial minimum and tropical-extratropical temperature difference both weaken.497

Fig. 8 also shows how the total tropical heat transport changes with warming. In the coldest502

simulation, coupled atmosphere-ocean heat transport is roughly the same as the atmospheric heat503

transport from the slab ocean simulation. However, the total heat transport from the coupled504

simulation increases faster than that of the slab simulation (Fig. 8b) due to both atmosphere and505

ocean heat transport increasing with warming (c). These results show that if we wish to understand506

how tropical dynamics and energy transport change with warming, both atmospheric and oceanic507

effects must be considered.508
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The Seasonal Cycle509

The seasonal cycle of the ITCZ in a dynamic ocean simulation is very different from that of a510

slab ocean. Fig. 9a shows the zonal mean precipitation as a function of latitude and month in the511

index 2 simulation. There are two peaks of precipitation throughout the year, one just north of the512

cold equatorial region and one just south. The ITCZ moves between these two precipitation peaks,513

jumping toward the spring hemisphere (Zhao and Fedorov 2020). This is also found in simulation514

index 6 (panel b), but with more precipitation (peaking at 16 mm/day) and with a slightly smaller515

maximum latitude of the ITCZ.516

As the ITCZ is defined as the latitude of global maximum precipitation, and there are two local517

maxima of precipitation year round, the ITCZ will reside in whichever hemisphere has the larger518

precipitation peak. At the beginning of the year, there is a strong precipitation band in the southern519

hemisphere (panel c, dashed) and a weak one in the northern hemisphere (solid). Then, as the peak520

solar insolation moves northward, the precipitation in the southern hemisphere decreases, whereas521

the precipitation in the northern hemisphere increases. At some point, the amount of precipitation522

in the northern hemisphere surpasses that of the southern hemisphere, and the position of the ITCZ523

jumps northward. The same process then occurs in reverse when moving from northern hemisphere524

summer to winter. This leads to a discontinuity in ITCZ position, despite precipitation at each525

location being continuous (panels a and b). In other words, because there are two precipitation526

maxima separated by a cool region, the ITCZ jumps between them, in contrast to the slab ocean527

simulation when one maximum moves back and forth. The “see-saw” pattern of ITCZ seasonality528

has been discussed in the context of ITCZ modality (Adam 2023), and is not replicated without529

ocean dynamics even if the slab ocean is extremely deep (not shown but verified in simulations530

with a 500m slab ocean). It is important to note that if the position of the ITCZ were calculated531

as the centroid of precipitation rather than the maximum, its seasonal cycle would be closer to532

sinusoidal.533

Interestingly, summer precipitation increases significantly with warming (blue vs. red line),534

while winter precipitation does not change as much. This may be due in part to the exponential535

relationship between temperature and humidity, in which a change in temperature has a larger effect536

on precipitation in a warmer (e.g., summer) climate.537
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The seasonal cycle of the ITCZ is shown for each dynamic ocean simulation in panel d. In all538

seven, the position of the ITCZ changes abruptly in spring and fall and remains roughly constant539

during the solstitial seasons. Note that the ITCZ is calculated as the average position of maximum540

precipitation over many years, so the smoothness of the transition is controlled by the interannual541

variability of the timing of the jump; in each year, the transition is discontinuous. It is also542

important to note that this sudden movement of the ITCZ between the hemispheres in the dynamic543

ocean case is different from that of a shallow slab ocean (Bordoni and Schneider 2008). In that544

case, there is a single ITCZ which is able to move far from the equator (much further than in the545

dynamic ocean case) because of the small heat capacity of the system. In the dynamic ocean case,546

there are almost always two ITCZs (Fig. 9a and b), and which ITCZ is stronger changes abruptly as547

a result of smooth changes in each. This result is a potential alternative hypothesis for the sudden548

monsoon onsets observed in several sectors.549

The seasonal cycle of the ITCZ position decreases in amplitude somewhat with warming, but550

this is a much smaller effect than it was in the slab ocean simulation. The mechanism for the551

shrinking of the seasonal cycle with respect to warming is shown in panel e. Unlike in the slab552

ocean case, there is no annual mean SST maximum on the equator; instead, there are two off-553

equatorial maxima. The position of these maxima (despite being annual mean quantities) predicts554

the seasonal extrema of the ITCZ position very well (correlation 0.84). In other words, the latitude555

of the ITCZ during northern hemisphere summer is controlled by the latitude of the annual mean556

northern hemisphere SST maximum. As the SST minimum on the equator shrinks with warming,557

the SST maximum and the northernmost ITCZ position will move closer to the equator.558

In summary, the ITCZ, its seasonal cycle, and its response to warming in the presence of a dynamic559

ocean are very different from those of a slab ocean aquaplanet. In the dynamic ocean simulation,560

there is a double ITCZ, with the summer hemisphere precipitation being much stronger, and abrupt561

seasonal transitions between the hemispheres. Additionally, the seasonal cycle amplitude decreases562

with warming, and this change is driven by shrinking of the SST minimum at the equator.563

29



Fig. 9. The seasonal cycle of the ITCZ in the dynamic ocean. Panels a and b show the zonal mean precipitation

as a function of month and latitude in the (a) second coldest and (b) second warmest simulations. Panel c shows

the precipitation at 9◦ N and S in the same two simulations. Panel d shows the ITCZ position in each simulation

over the seasonal cycle, and panel e shows the relationship between the position of the annual mean SST maximum

in the northern hemisphere and the maximum position of the ITCZ.
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c. Ridge Simulation569

So far we have studied simulations without continents or barriers to ocean flow. However, it is570

important to consider the possible effects of boundaries that support ocean gyres. Do the main571

conclusions of our study also pertain to this more realistic case? To answer this question we study572

a set of simulations with an infinitely thin barrier to ocean flow, i.e., “ridge simulations” (Ferreira573

et al. 2010; Wu et al. 2021) and apply our energy balance framework to them. The solutions574

are described in more detail in Appendix C. These ridge simulations have ocean and atmosphere575

components that are identical to the dynamic ocean simulations already presented, except that there576

is a barrier running from the north pole and 35◦S which blocks zonal ocean flow (top of Fig. 10).577

This single barrier is enough to cause significant zonal asymmetries; the simulations have a cold578

tongue and double ITCZ just west of the barrier while they have warmer SSTs and a stronger SSTs579

just east of it. Rather than studying these zonal asymmetries, we focus solely on applying our580

analytic model to them. Fig. 10 shows the atmosphere, ocean and coupled length scales (a), as581

well as the simulated and predicted SSTs (b).582

In the ridge simulations, the atmosphere and ocean length scales are comparable and both586

increase with warming. Just as in the dynamic ocean simulations without a ridge, this leads to587

a large increase in the predicted coupled length scale, matching the simulated increase in length588

scale. These length scale changes lead to flatter SSTs, in broad agreement with the simulations589

(panel b). Other relevant quantities for the ridge simulations are shown and discussed in Appendix590

C.591

Flattening of SST gradients with warming has also been observed in paleoclimate studies,592

including in the presence of continents, indicating that our results are likely robust to ocean593

barriers and the presence of continents (e.g., Barron 1987; Judd et al. 2024).594

4. Conclusions595

In this work, we have studied the Hadley circulation, tropical SST gradients, the seasonal cycle596

of the ITCZ, and their responses to warming with and without a dynamic ocean. We find that in597

simulations with no ocean heat transport, there is a precipitation peak in the deep tropics which598

moves smoothly north and south with solar insolation over the course of the year. In warmer599

simulations, the equatorial SST peak flattens, weakening the Hadley cells, but an increase in600
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Fig. 10. The ridge simulations used in this study. The top half shows the continental configuration (black line

represents the ocean barrier) while the color represents precipitation (left) or SST (right). The bottom half is as

in Fig. 7, but for simulations with a single barrier to ocean flow stretching from the pole to 30◦S.

583

584

585

gross moist stability means that the atmosphere transports more energy away from the equator.601

Additionally, as the climate warms, the ITCZ remains closer to the equator over the seasonal cycle602

due to the increasing heat capacity of the system.603

In simulations with a dynamic ocean but no barriers to ocean flow, the trade winds lead to604

equatorial upwelling and an SST minimum at the equator. This means that precipitation has two605

off-equatorial peaks and is stronger in the summer hemisphere. Additionally, the dynamic ocean606

is very efficient at carrying energy away from the equator, making the SST gradient much flatter607

overall than in the absence of ocean dynamics. In response to warming, the SST gradient is608

smoothed even further, i.e. the extratropics and equatorial minimum both increase in temperature609

faster than the global mean due to strengthening heat transport in the atmosphere and ocean. The610
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flat tropical SSTs lead to sudden ITCZ transitions between its summer and winter states, leading611

to a discontinuous seasonal cycle of ITCZ position.612

Although this study has focused on simplified models, it has implications for the study of613

tropical climate on Earth. Perhaps most importantly, this work demonstrates that simple analytic614

frameworks can be useful to understand how circulations will change with warming. For example,615

we showed here that the Hadley Circulation weakens as the climate warms; our analytic framework616

makes progress towards understanding this previously observed phenomenon (Held and Soden617

2006; Vecchi and Soden 2007). Similarly, the tendency of SST gradients to flatten in warmer618

climates, i.e., polar amplification (Judd et al. 2024), has been discussed at length, and the framework619

developed here helps to interpret this prediction and analyze how the structure of tropical SST620

depends on relevant quantities through our expression for 𝜆. A similar framework could perhaps621

be applied to the Walker circulation, by replacing meridional gradients with zonal gradients and622

adding a simple representation of zonal ocean currents.623

Furthermore, the contrast between our slab and dynamic ocean simulations shows that ocean624

heat transport is essential for the structure and seasonality of the ITCZ; a slab ocean will not625

capture even the basics of ITCZ seasonality (Zhao and Fedorov 2020; Tuckman et al. 2024, 2025).626

Specifically, we have shown that the normal state of the ITCZ over a dynamic ocean has two627

off-equatorial peaks, rather than a single peak on the equator. This may have implications for the628

“double ITCZ bias” in CMIP models (Popp and Lutsko 2017; Adam et al. 2018; Tian and Dong629

2020; Popp et al. 2020; Kim et al. 2021): many models exhibit a peak in precipitation just south of630

the equator, in addition to the observed peak a few degrees north of the equator (Schneider et al.631

2014). Our work implies that this difference may be a manifestation of a precipitation peak south632

of the equator that is too strong, rather than an unrealistic tendency to have a double ITCZ. The633

impact of the ocean on ITCZ seasonality also has significant implications. Abrupt precipitation634

transitions are societally important, and may be caused or amplified by ocean dynamics smoothing635

SSTs. For example, it has been previously hypothesized that monsoon onset is a transition between636

Hadley cell regimes (Bordoni and Schneider 2008), our results suggest that they may simply be637

due to ocean dynamics flattening surface temperatures near the monsoon region.638

Future research could illuminate these issues by adding more realistic features to our simulations.639

A natural way to do so would be to introduce hemispheric asymmetry through a prescribed640
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asymmetric albedo or ocean heat transport and see how the ITCZ and its seasonal cycle change.641

Similarly, absorption and reflection of shortwave radiation by the atmosphere (and particularly642

clouds) has been shown to play a role in tropical dynamics (Donohoe et al. 2014a,b), including643

this effect would make the simulations more realistic. Lastly, an idealized continent might be644

added to our model, allowing exploration of how the seasonal cycle of the ITCZ is changed by645

the presence of land (Tuckman et al. 2024). The analytic framework introduced here may also646

be expanded to include such complications, helping to build intuition and understanding for how647

tropical circulations, temperatures, and precipitation depend on relevant parameters and change648

with warming.649
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APPENDIX A657

Theories of Hadley Cell Strength658

In order to make our energy budget model analytically tractable, we assumed that the strength of659

the Hadley Circulation is proportional to the local SST gradient. In this appendix, we review two660

well-known theories for Hadley cell strength and compare the predictions of these theories to the661

simulations studied. We find that the well-known Held-Hou theory of tropical circulations (Held662

and Hou 1980) does not match our simulations well, while a theory based on eddy momentum flux663

convergence does. This implies that Hadley cell strength is influenced by eddies carrying zonal664

momentum out of the tropics and, therefore, depends on several extratropical free troposphere665

quantities such as the lapse rate, tropopause height, and temperature variance (discussed below).666

Our simple assumption that the Hadley cell strength is linearly related to the tropical temperature667

gradient is used because it allows for an analytic solution of the system studied and is consistent668

with our simulations (Fig. 3a).669

We begin with the framework set forth in Held and Hou (1980). This theory assumes that angular670

momentum is conserved within the Hadley cell, so if the zonal wind above the equator is zero,671

then angular momentum conservation will strengthen zonal winds off the equator. This can then672

be used to predict the potential temperature as a function of latitude and height, as well as a scaling673

for the vertical velocity at the equator. Held and Hou (1980) find that the normalized difference674

between the vertically averaged potential temperature at latitude 𝑦 and the equator is:675

𝜃 (0) − 𝜃 (𝑦)
𝜃0

=
𝜔2𝑎2

𝑔𝐻

𝑦4

2
(
1− 𝑦2) (A1)

where 𝜃 (𝑦) is the potential temperature as a function of latitude, 𝜃0 is the latitudinally averaged676

potential temperature, 𝜔 and 𝑎 are the angular rotation rate and radius of the Earth, 𝑔 is the677

gravitational constant, and 𝐻 is the tropopause height (in meters). Most of these parameters are678

constant, so the temperature gradient scales with the reciprocal of the tropopause height.679

Held and Hou (1980) also predict that the vertical velocity at the equator scales as:680

𝑤𝑒𝑞 ∼ 𝑔(𝐻Δ𝐻)2/(𝜔2𝑎2𝜏Δ𝑣) (A2)
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where Δ𝐻 and Δ𝑣 are the normalized horizontal and vertical temperature gradients in radiative681

equilibrium (discussed below) and 𝜏 is the radiative timescale.682

We diagnose Δ𝐻 as follows. If we assume that OLR and NSR are in balance (that is, the683

system is in radiative equilibrium, so 𝜃 ≡ 𝜃𝑒), and use our expression for OLR from the main684

text, then 𝜃𝑒 (𝑦) = [NSR(𝑦) − 𝐴out] /𝐵out. Held and Hou (1980) define Δ𝐻 such that 𝜃𝑒 (𝑦)/𝜃0 =685

1−Δ𝐻

(
𝑦2 −1/3

)
; we evaluate this expression at the equator and 70◦N to calculate a value of Δ𝐻 .686

The radiative timescale, 𝜏, can also be diagnosed from the simulations as 𝐶𝐴/𝐵out; 𝐵out is the687

temperature dependence of the energy each column of air will lose in a second and 𝐶𝐴 converts688

this to a timescale. As discussed in the main text, 𝐴out and 𝐵out are diagnosed from the dependence689

of OLR on SST (Fig. 3) and 𝐶𝐴 from the ratio of the MSE of a column to SST.690

The final relevant quantity, Δ𝑣 (defined as the radiative equilibrium difference in temperature691

between the surface and tropopause at the equator divided by the global mean temperature) is more692

difficult to diagnose and is therefore taken to be 1/8 as in Held and Hou (1980). Once we have693

calculated a predicted vertical velocity, this can be converted to a streamfunction by integrating694

from the equator to the approximate position of the streamfunction maximum (taken to be 10695

degree latitude). The relevant parameters are shown in table A1. These results will be compared696

with our simulations, but first, we review the predictions from a second theory. It is important697

to note that while the arguments in Held and Hou (1980) are for a dry atmosphere, they can be698

adapted to a moist system (Emanuel 1995) without significantly changing the relevant quantities.699
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Table A1. Key parameters of the Held and Hou model. Δ𝐻 is the normalized horizontal temperature gradient

in radiative equilibrium and 𝜏 is the radiative timescale, calculated as discussed in the text. The tropopause height

𝐻 is calculated by converting from the tropopause pressure (discussed in section 3a) to a height by assuming

hydrostatic balance at the mean tropical temperature below the tropopause.

700

701

702

703

Simulation Number 𝐻 (km) 𝜏 (days) Δ𝐻

1 10.5 69 0.52

2 11.6 88 0.50

3 12.8 111 0.49

4 14.0 139 0.48

5 15.4 177 0.47

6 17.1 230 0.46

7 19.1 281 0.45
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Fig. A1. Rossby number as a function of latitude at around 160 hPa. Blue represents cold simulations and red

represents warmer simulations.

715

716

The framework discussed above assumes that eddy-momentum fluxes do not play a role in the704

zonal-momentum balance of the deep tropics. However, synoptic eddies can influence the Hadley705

circulation by exchanging angular momentum with the tropics. This has led to a theory for Hadley706

Cell strength that relates eddy momentum flux convergence in the tropics to the mean available707

potential energy in the baroclinic zone (Walker and Schneider 2006; Schneider and Bordoni 2008;708

Schneider and Walker 2008; O’Gorman and Schneider 2008; Levine and Schneider 2011). The709

Hadley streamfunction (𝜓𝐴) is separated into an eddy momentum flux component (𝜓𝐸 ) and a mean710

momentum flux component such that 𝜓𝐸 = 𝜓𝐴 (1−Ro), where Ro is the Rossby number calculated711

here as the negative ratio of relative vorticity to the Coriolis parameter. Fig. A1 shows that the712

Rossby number increases with warming but is significantly less than one throughout the tropics in713

all simulations, indicating that eddies are important in setting the mean flow.714
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Table A2. Key parameters of a model that assumes the Hadley cell strength is set by eddy momentum fluxes.

Γ is proportional to the inverse dry lapse rate (Γ = −𝜅Δ𝑝/𝑝Δ𝜃, 𝑝 is the average pressure in the troposphere and

Δ𝑝 andΔ𝜃 represent the difference between the tropopause and the surface for pressure and potential temperature,

respectively). MAPE is the mean available potential energy. The height of the troposphere is calculated as the

tropopause pressure subtracted from 1000 hPa.

726

727

728

729

730

Simulation Number Γ (10−3 1/K) Δ𝑝 (hPa) MAPE (MJ/m2)

1 9.3 744 3.9

2 9.8 777 3.1

3 7.0 805 2.3

4 6.1 827 1.7

5 5.3 852 1.3

6 4.6 877 1.0

7 4.0 901 0.8

We now assume that 𝜓𝐸 scales with the convergence of the eddy-momentum flux, and that the717

energy for the relevant eddies comes from the mean available potential energy of the baroclinic718

zone (MAPE, Schneider and Walker 2008). Following Lorenz (1955), we calculate MAPE as:719

MAPE =
𝑐𝑝𝑝𝑠

2𝑔

∫ 𝑝𝑡

𝑝𝑠

𝑑𝑝

𝑝𝑠 − 𝑝𝑡
Γ

(
𝑝

𝑝0

) 𝜅 (
𝜃2 − 𝜃

2) (A3)

where 𝜅 = 𝑅/𝑐𝑝 ≈ 2/7, 𝑝𝑠 is the surface pressure, the bar represents the average in the troposphere720

over 15-45◦ in both hemispheres, 𝑝𝑡 is the tropopause pressure and Γ is proportional to the721

inverse lapse rate (Γ = −𝜅Δ𝑝/𝑝Δ𝜃, 𝑝 is the average pressure in the troposphere and Δ represents722

the difference between tropopause and the surface). Due to the difficulty in using a discrete723

grid, MAPE is calculated between 985 and 350 hPa only, but our results are insensitive to this724

assumption. The relevant values are shown in Table A2.725

MAPE is an important quantity because the available potential energy can be converted into731

Eddy Kinetic Energy (EKE), which can then be related to eddy-momentum convergence via an732

eddy-length scale. If we assume that the rate at which MAPE converts to EKE does not change733
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Fig. A2. Normalized predicted streamfunction as a function of normalized temperature gradients for constant

𝛼 (dashed grey line), the simulations (circles, solid line), the Held and Hou theory (filled diamonds, dashed line),

and the Eddy Convergence theory (filled squares, dash-dotted line).

737

738

739

with warming, then 𝜓𝐸 is proportional to MAPE multiplied by the width of the troposphere (Levine734

and Schneider 2011). Using the Rossby number discussed above, we can now predict 𝜓𝐴 as:735

𝜓𝐴 ∼ (𝑝𝑠 − 𝑝𝑡)MAPE
1−Ro

(A4)

This prediction and that of the Held and Hou model are compared to our simulations in Fig. A2.736

Overall, the simulations agree well with the scalings of the eddy convergence theory, but not740

with those of Held and Hou. This is consistent with the Rossby numbers being less than 1, as is741

clear from the simulations. The eddy convergence theory does not explicitly predict a relationship742

between the tropical SST gradient and the Hadley circulation, as it instead relies on extratropical743

free-tropospheric quantities; Fig. A2 simply displays how the predicted Hadley cell strength from744

that theory and the tropical temperature gradient are related in the simulations studied.745
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In summary, the analytic model developed in the main text assumed that the Hadley cell stream-746

function is linearly related to a tropical temperature gradient. Previous literature indicates that747

Hadley circulation strength is more likely to be controlled by the energy available for extratropical748

eddies, which flux zonal momentum into the deep tropics. Although the theory developed in that749

literature does not include a prediction for the relationship between tropical temperature gradients750

and Hadley cell strength, its results are consistent with these quantities being linearly related across751

the simulations studied in this work.752
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APPENDIX B753

Allowing GMS to vary with latitude754

In the main text, we assumed that GMS was constant with latitude, so 𝑑/𝑑𝑦 AHT was simply755

equal to GMS𝑑/𝑑𝑦 𝜓𝐴 (based on Eq. 1c). However, since the surface MSE depends on the surface756

temperature, the difference between the tropopause and the surface MSE may depend on latitude.757

In this appendix, we examine how this can be added to the energy budget model and solve the758

resulting expression numerically in the slab and dynamic ocean cases.759

We begin with our equation for the energy balance in the slab case (1d), but this time we write it760

in a way that allows for changes in GMS with latitude.761

𝑑

𝑑𝑦
[GMS𝜓𝐴] +𝐵outSST+ 𝐴out = NSR. (B1)

Now, substituting our expression for 𝜓𝐴 and using the product rule:762

−𝛼 𝑑

𝑑𝑦
GMS

𝑑

𝑑𝑦
SST−𝛼GMS

𝑑2

𝑑𝑦2 SST+𝐵outSST = NSR− 𝐴out. (B2)

This equation is similar to Eq. 2, with the addition of a term that is proportional to 𝑑/𝑑𝑦 GMS. As763

discussed in the main text, GMS is the difference between tropopause and surface MSE, and we764

will assume that the tropopause MSE is constant with latitude, as the free troposphere is efficient765

at spreading energy gradients (Held 2001). This means that:766

𝑑

𝑑𝑦
GMS = − 𝑑

𝑑𝑦
MSEsurface (B3)

and the tropopause MSE does not appear. We will now assume that the surface MSE is proportional767

to the surface temperature via an energy to temperature ratio of 𝑐𝐴 which changes with warming.768

Note that this is not the same as the specific heat of air, as it is the change in energy of a parcel of769

air when the SST below it changes by one degree, not when its temperature changes by one degree.770

Our full energy budget equation becomes:771

𝛼𝑐𝐴

(
𝑑

𝑑𝑦
SST

)2
−𝛼GMS

𝑑2

𝑑𝑦2 SST+𝐵outSST = NSR− 𝐴out (B4)
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Fig. B1. Simulated GMS and the calculated quartic fit as a function of latitude (left), and the resulting

numerical solutions with variable or constant GMS (right), all for the slab ocean simulations. As in previous

figures, blue represents the cold simulations and red represents the warmer simulations.

774

775

776

where GMS still depends on latitude where it appears in the second term. To allow for a numerical772

solution, we use a Taylor expansion about the equator assuming that GMS is quartic in 𝑦.773

Figure B1 shows that this approximation is reasonable; the quartic fit (which depends on warming)777

matches reasonably well with the simulated values (left panel). Using a linear fit to calculate 𝑐𝐴,778

and the remaining constants set as before, we can numerically solve our energy budget equation779

starting at the equator where 𝑑/𝑑𝑦 SST= 0. The result is shown in the right panel of Fig. B1 and is780

compared to the solution that assumed a constant GMS. Varying GMS is generally a cooling effect,781

as it implies a higher GMS, and therefore diffusivity, in the cooler regions (away from the equator).782

This generally leads to improved fits in the cold simulations, where the previous version of the783

model overestimated surface temperatures. Both versions of the model do not do well outside of784

the deep tropics, as several of the assumptions made begin to break down.785

We can apply the same procedure to the dynamic ocean simulations, though it does not change786

the result significantly. Intuitively, the SSTs are flatter in the dynamic ocean case, so the GMS will787

not change as quickly, especially since our simple model does not include the SST minimum on788

the equator.789
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Fig. B2. As in Fig. B1, but for the dynamic ocean simulations.

The numerical results are shown in Fig. B2. The quartic fit for GMS is only conducted outside790

of the region of the SST minimum, so the resulting GMS values are very flat in the deep tropics.791

This flat GMS means that the 𝑑/𝑑𝑦 GMS term is small, so the predicted SST is very similar to that792

of the constant GMS model (right panel).793

In summary, a GMS that varies with latitude can be incorporated into our energy budget model,794

but the resulting expression must be solved numerically. Including this effect slightly improves the795

prediction in the slab ocean case, but does not make a significant difference in the dynamic ocean796

case because SST, and therefore GMS, is flat in the deep tropics.797
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APPENDIX C798

The Ridge Simulations799

In this appendix, we present further details of the simulations with a ridge discussed in Section800

3c. Fig. C1 shows the same quantities as Fig. 6 but for the ridge simulations. Almost all801

features of the ridge simulations change with warming in the same way as did the dynamic ocean802

simulations: There are increases in precipitation (a), near-surface zonal wind (g), and atmospheric803

heat transport (i), and there is a slight flattening of SSTs (b). The Hadley cells (represented804

through the streamfunctions, c-d, and the associated vertical velocity at 500 hPa, e) are strongest805

in the coldest simulation but thereafter do not change significantly with warming because the SST806

gradient starts so flat that it does not change significantly. As discussed in reference to dynamic807

ocean simulations, humidity (f), zonal wind (g), meridional current (h), and atmospheric heat808

transport (i) increase with warming. The ocean heat transport does not change significantly with809

warming despite the increase in mass transport (panel j), because the ocean stability decreases in810

the warmest climates (discussed below).811

As shown in the main text, our analytic framework does reasonably well in predicting the flattening816

of the SST gradient in the ridge simulations. The relevant temperature-dependent parameters for the817

model are shown in Table C1, and the constant 𝛽 is 8.5×109 kg/m. As expected, atmospheric GMS818

increases rather rapidly with warming, whereas mass transport (𝜓𝐴) remains roughly constant. As819

in the previous results, this leads to an increase in 𝜅𝐴𝐶𝐴, in which 𝜅𝐴 decreases slightly and 𝐶𝐴820

increases rapidly. In other words, just as in the slab and dynamic ocean cases, the diffusivity of821

energy (𝜅𝐴) is slightly decreasing, but the energy contrast between the tropics and the extratropics is822

increasing (controlled by 𝐶𝐴), as is the atmospheric GMS. This leads to a more efficient smoothing823

of the SST gradient by the atmosphere (that is, 𝜆𝐴 increasing) and stronger atmospheric heat824

transport.825

The ocean in the ridge simulations behaves slightly differently than in the dynamic ocean simu-826

lations, but the main results are not altered. Specifically, while in the dynamic ocean simulations827

GMS𝑂 increased monotonically with warming, in the ridge simulations it peaks in the third sim-828

ulation and decreases with warming thereafter. However, the increase in mass transport, driven829

by an increase in 𝑈atm, more than compensates, leading to an increase in 𝜅𝑂𝐶𝑂 and therefore 𝜆𝑂 .830
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Fig. C1. Similar to Fig. 6, but for the ridge simulations, indices 1, 3, 5, and 7. The quantities shown are

(a) precipitation, (b) SST, (c-d) two sample Hadley cell streamfunctions, (e) vertical velocity at ∼ 500 hPa, (f)

near-surface specific humidity, (g) near-surface zonal wind, (h) near-surface meridional current, (i) atmospheric

heat transport, (j) ocean heat transport, and (k) net radiation.

812

813

814

815

Together, this leads to an increase in the coupled diffusivity and length scale, matching the fitted831

parameters.832
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Table C1. Diagnostics from each of the seven ridge simulations. Quantities are calculated as described in the text and averaged over the tropics,

except 𝜓𝑂 which is averaged over the top 200m of the ocean from 15 to 40◦N to smooth out numerical near-equatorial noise.

833

834

Atmosphere Ocean Coupled Prediction Coupled Fit

Simulation Index GMS𝐴

(kJ/kg)
𝜓𝐴

(109 kg/s)
𝜅𝐴𝐶𝐴

(1013 W/K)
𝐶𝐴

(106 J/m2 K)
𝜅𝐴

(106 m2/s) 𝜆𝐴
GMS𝑂

(kJ/kg)
𝜓𝑂

(109 kg/s)
𝑈atm
(m/s) Δ𝑦

𝜅𝑂𝐶𝑂

(1013 W/K)
𝜅𝑂

(103 m2/s) 𝜆𝑂
𝜅𝐶𝐶𝐶

(1013 W/K)
𝜅𝐶

(103 m2/s) 𝜆𝐶
𝜅𝐶𝐶𝐶

(1013 W/K)
𝜅𝐶

(103 m2/s) 𝜆𝐶

1 4.8 35.0 1.5 8.0 1.9 0.47 58.4 3.6 -1.2 0.30 1.2 3.0 0.43 2.7 6.7 0.64 2.9 7.3 0.67

2 8.3 33.0 2.6 11.1 2.3 0.63 66.9 13.1 -1.3 0.39 1.7 4.3 0.51 4.3 10.7 0.81 3.5 8.8 0.74

3 9.4 36.5 2.9 14.7 2.0 0.67 72.8 14.2 -1.5 0.40 2.0 5.1 0.56 5.0 12.4 0.87 4.3 10.6 0.81

4 10.3 37.8 3.2 19.8 1.6 0.70 65.6 15.4 -1.8 0.41 2.4 6.0 0.60 5.6 13.9 0.92 5.2 12.9 0.89

5 11.2 35.7 3.5 26.0 1.3 0.73 60.8 16.6 -2.0 0.39 2.6 6.5 0.63 6.1 15.1 0.96 6.3 15.7 0.98

6 12.3 38.1 3.8 33.5 1.1 0.76 55.8 20.2 -2.4 0.40 3.2 7.9 0.69 7.0 17.3 1.03 7.6 18.8 1.08

7 13.4 39.7 4.2 41.4 1.0 0.80 54.1 24.6 -2.7 0.42 3.8 9.6 0.76 8.0 19.9 1.11 0.9 22.2 1.1747



In summary, while the presence of a ridge profoundly changes the zonal structure of the tropics835

(by, for example, inducing a Walker Circulation and cold tongue, not shown), the broad meridional836

structure of the tropics is still well understood by our simplified analytic framework.837
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